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ABSTRACT

Numerical simulations of the tropical atmosphere were performed using a three-dimensional, convection-
resolving, nonhydrostatic cloud model, in order to characterize the sensitivity of mesoscale tropical convection
to radiative forcing. The system is run into a state of statistical equilibrium for a range of imposed tropospheric

radiative cooling rates.

The heat budget implies that there should be a larger cloud mass flux for increasing radiative cooling; it does
not exclude the possibility of more intense updrafts, but does not require it. In the numerical simulations, it is
found that the increase of cloud areal coverage accounts for all the increase of the cloud mass flux required to
balance an increase of the radiative cooling rate. At equilibrium, the mean updraft velocity in the clouds is

independent of the magnitude of the radiative forcing.

1. Introduction

The concept of statistical energy equilibrium of
moist convection (quasi-equilibrium) was first intro-
duced by Arakawa and Schubert (1974), who argued
that the timescale by which turbulent kinetic energy of
moist convection adjusts to changes in the large-scale
forcing is small compared to that over which the forc-
ing evolves. Observational evidence supporting the ba-
sic concept of quasi-equilibrium was presented by Ar-
akawa and Schubert and, more recently, by Wang and
Randall (1994 ), who showed that although oscillations
in convective available potential energy (CAPE) on
timescales less than about three days were not entirely
negligible, the quasi-equilibrium hypothesis was well
verified.

Raymond (1995a) pointed out that the principal way
in which deep convection stabilizes the atmosphere is
by transporting midievel, low-entropy air into the sub-
cloud layer in precipitation-driven downdrafts and he
proposed a form of quasi-equilibrium based on entropy
equilibrium of the subcloud layer. This closure works
well in a numerical model of tropical cyclone devel-
opment (Emanuel 1995).

While quasi-equilibrium has been successful in re-
lating convective mass fluxes to large-scale forcing, it
leaves unresolved the question of convective velocity
and buoyancy scales, as well as the issue of fractional
areal coverage of convective clouds [Emanuel et al.
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(1994); the convective mass flux is the product of a
velocity scale and a fractional area scale; knowledge of
the mass flux by itself is insufficient for determining
the velocity and fractional area scales individually].
This problem is unigue to moist convection; velocity
scales for dry convecting boundary layers are well
known (Prandtl 1925; Deardorff 1972).

The issue of moist convective scaling is also closely
related to the problem of determining the connection
between moist convective plumes and boundary layer
convection. Betts (1982) and Xu and Emanuel (1989)
argued that those parts of the tropical atmosphere ex-
periencing deep convection are nearly neutral to up-
ward displacements of air from near the top of the sub-
cloud layer, implying that updraft air originates in the
surface layer, which has considerably higher entropy
[the neutrality of the deep troposphere to mixed-layer
displacement was later questioned by Williams and
Renno (1993)]. These studies support earlier deduc-
tions about the level of origin of air ascending within
tropical cumulonimbi (e.g., Zipser and LeMone 1980;
Renno and Williams 1995). Recent work by Raymond
(1995b), using TOGA COARE data, also suggests that
moist convection originates at low levels within the
subcloud layer. Determining the correct scales for
moist convective velocities, buoyancies, and areal cov-
erage may also help rationalize observations in deep
tropical regimes. Comparing theoretical values of
CAPE to values calculated by lifting parcels from dif-
ferent levels in real soundings may help identify the
origin level of air participating in deep convection.

These issues motivated a series of numerical exper-
iments aimed at empirically determining dependencies
of moist convective velocity and buoyancy scales on
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the magnitude and distribution of imposed large-scale
forcing and to undertake a theoretical explanation of
the results observed in the numerical simulations. In
this paper we describe the results of simulations using
a fully nonhydrostatic cloud model integrated over a
domain large enough to contain many clouds and long
enough to attain statistical equilibrium. In a companion
paper, Emanuel and Bister (1996) describe simulations
using a radiative-convective model and develop a the-
ory for moist convective scales.

In section 2 of this paper, we describe the nonhy-
drostatic model used in the experiments, the boundary
and initial conditions imposed, and the forcing. Section
3 describes the results of the simulations, and section
4 presents concluding remarks.

2. Numerical experiments

Our motivation here is to use a reasonably complete
model to obtain realistic simulations of a tropical cloud
field in statistical equilibrium and to extract a few key
data, averaged over space and time, in order to char-
acterize the equilibrium state and answer a few simple
questions. How do the mean thermodynamic sounding
and the lapse rate vary as a function of the radiative
forcing? How does CAPE vary? How is the enhanced
cloud mass flux shared between clouds? Does the areal
coverage of clouds increase and/or do the updrafts in-
tensify with increased forcing?

We employ the ARPS model version 3 (Xue et al.
1993), a three-dimensional, nonhydrostatic cloud
model that explicitly resolves convection. The warm
rain processes are parameterized after Kessler (1969;
there is no ice in the model). We add a constant radi-
ative cooling, R, from the surface to 13 km. Above 14
km, Newtonian heating relaxes the temperature to ob-
served tropopause and stratosphere profiles (Jordan
1958); this effectively imposes a nearly constant tro-
popause altitude. Water conservation is enforced,
which is vital for reaching equilibrium. Most cloud
models simply set negative mixing ratios to zero, ef-
fectively adding water to the system continuously. In
our simulations, we bring negative mixing ratios to zero
by redistributing water from neighboring points, in an
amount proportional to what is available at each of
these points. This procedure eliminates negative mix-
ing ratios while conserving water in the whole system.
The lower boundary is a passive ocean with a fixed
surface temperature (300 K). A minimum wind speed
of 10 m s~ is added to the actual wind for the com-
putation of the surface fluxes of heat and moisture only,
using the bulk aerodynamic formula with a drag coef-
ficient of 10 2. This minimum wind speed is somewhat
larger than commonly observed over tropical oceans.
We use this large value partly to account for the effects
of a mean wind, which is absent in our model, and
partly to accelerate the approach to equilibrium and
thereby reduce computational expense. Since the equi-
librium enthalpy flux is dictated by the imposed radi-
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ative cooling rate of the atmosphere, it is not affected
by the chosen surface wind speed, and the use of a large
value only slightly affects the mean surface air tem-
perature and humidity. There is no surface ﬂux of mo-
mentum and no planetary rotation.

The domain is doubly periodic and therefore effec-
tively infinite in both horizontal directions. This is im-
portant for reaching equilibrium since inflow from out-
side the domain would bring in air that is not in equi-
librium. A sponge layer extends from 15.5 km to 19
km, with a relaxation time of 100 s. The momentum
sponge layer begins somewhat higher than the ther-
modynamic sponge layer (14 km) in order to let clouds
naturally overshoot their levels of neutral buoyancy.
The domain extends over a 60-km by 60-km area,
which is a small but suitable dimension for our purpose.
Experiments with a domain that is four times as large
but with the same resolution lead to the same qualita-
tive and quantitative results when averaged over time;
the time series are smoother when horizontally aver-
aged over a larger domain, but this is of importance
only if one wishes each instantaneous snapshot to be
representative of the whole picture.

The initial atmosphere is horizontally homogeneous
with a vertical structure similar to Jordan’s sounding
(1958) for the hurricane season in the West Indies ( the
choice of an initial sounding should not affect the equi-
librium state). The system is destabilized by constant
radiative cooling from the surface to the tropopause.
Six cases will be discussed here for a large range of
cooling rates: 1.07, 1.43, 2.14, 4.28, 5.35, and 6.42
K day~!; we will denote them R11, R14, R21, R43,
R54, and R64, respectively. The convection is initiated
with spatially random surface air temperature pertur-
bations maintained for 30 min. The perturbations range
from —0.2°C to 0.2°C but produce no domain-averaged
heating. Convective clouds start to develop over the
entire domain and after a few days the system reaches
statistical equilibrium.

Careful examination of the model variables shows
that there are at least two different timescales over
which the system reaches equilibrium. The precipita-
tion and virtual temperature profile reach equilibria in
a matter of days, reflecting the natural timescale for
buoyancy adjustment. The water vapor profile takes
much longer to reach equilibrium, reflecting the long
timescate ( ~30 days) of subsidence outside of clouds.
As we are interested in the equilibrium buoyancy and
velocity scales, however, it is not necessary (and pro-
hibitively expensive) to allow the water vapor profile
to reach perfect equilibrium. '

The experiments described here are similar to those
performed by Islam et al. (1993), who used another
nonhydrostatic model run in both two and three di-
mensions. Their results show that two-dimensional
simulations require extremely large domains to achieve
the same degree of statistical stability as three-dimen-
sional simulations, owing to the strong preference of
moist convection for three-dimensional geometry (e.g.,
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see Lilly 1960) and, possibly, to the necessity for en-
ergy to cascade to larger scale in two dimensions. We
therefore question the usefulness of two-dimensional
simulations of ensemble convection. Tao et al. (1987)
did note similarities between their two- and three-di-
mensional cloud ensemble simulations, but the convec-
tion in the three-dimensional simulations was biased
toward two-dimensional structure by a combination of
imposed vertical wind shear and maintained two-di-
mensional temperature perturbations. Moreover, the
simulations were run for only 6 h and could not reach

c) Vertical velocity: vertical cross-section (YZ) at x= 43km

statistical equilibrium. We believe that, at least in the
unsheared case, three-dimensional simulations are nec-
essary for qualifying the properties of moist convection
in statistical equilibrium with forcing.

The system reaches a statistical equilibrium, where
clouds grow and die, and not a fixed state. Figure 1a
shows an instantaneous horizontal cross section of the
cloud field at an altitude of 1.75 km for the R54 ex-
periment after 126 h of integration. Figure 1b displays
a vertical cross section through the cloud field at the
same time and shows clouds at various stages of their
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FiG. 2. Time series of the horizontally averaged rainfall rate at the ground for R54.

life. From right to left one can observe a young cu-
mulonimbus rising from the surface to about 5 km, a
mature cloud reaching the tropopause, and a decaying
anvil. The corresponding vertical velocity field (Fig.
1c) shows the associated updrafts and downdrafts; the
latter are located under and next to the clouds, owing
to rain falling into unsaturated air. Owing to the high
frequency variability of the system, instantaneous snap-
shots may be unrepresentative. At equilibrium, running
one-day window averages of the rainfall vary by as
much as 20%. Precipitation is, by far, the most variable
quantity in the system, leading us to choose two days
as an averaging period; this reduces the variability of
rainfall to 7%. The variability of all the other variables
is at least an order of magnitude smaller. All the vari-
ables are averaged over two days, except for certain
quantities that are averaged over 12-h periods.

3. Results °
a. Precipitation time series

As noted above, the system reaches statistical equilib-
rium after a few days of integration. The cloud distri-
bution varies with time but the global cloud cover, the
rainfall rate, the cloud mass flux, and the horizontally
averaged thermodynamic sounding have little time ten-
dency (except for the water vapor field, as noted pre-

viously). The spinup time depends on the radiative cool-
ing rate: the stronger the radiative forcing, the faster the -

_system reaches equilibrium. Equilibrium is reached in

about 8 days for R11, while it takes only 4 days in the
case of R64. This spinup process is best illustrated by
the time series of horizontally averaged rainfall rate at
the ground. Figure 2 shows the time series of the rainfall
rate averaged over the whole area, denoted R,, for R54.
Initially, peaks of rain alternate with dry periods, then
the rainfall, averaged over the domain, takes on a more
continuous character. The dry/wet pattern never quite
ends for the R11 experiment, but the running- 1-day win-
dow time average of R, does stabilize, as do the mean
thermodynamic sounding and the other properties, ex-
cept for the relative humidity that still shows a small
tendency for the smaller R values.

b. Temperature and humidity

At equilibrium, the horizontally averaged thermody-
namic sounding varies little with time: the averaged sur-
face temperature, which is the most variable horizontally
averaged thermodynamic quantity, 1s constant with time
within a few tenths of a degree. The horizontally averaged
thermodynamic soundings for R11 and R54 are shown in
Figs. 3a and 3b. The atmosphere is colder for larger ra-
diative cooling rates R and, since the height of the tro-
popause is practically fixed by imposing Newtonian re-
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F1G. 3. Horizontally averaged thermodynamic sounding (a) for R11 and (b) for R54.

laxation above 14 km, a rather strong inversion develops
between 13 and 14 km for the large R experiments. Here,
R11, R14, and R21, the closest to the present conditions
in the Tropics, present a smooth decrease of temperature
at that altitude. Without a detailed radiation model in the
lower stratosphere, it is difficult to foresee the real shape
of the tropopause. It would likely be smoother than what
we obtain with the large cooling rates, and the altitude of
the tropopause might be higher. The heat budget shows
that there is an increasing source of heat in the sponge
layer with increasing cooling rates. The tropospheric tem-
perature decreases with increasing R, since to balance the
increased radiative cooling, greater surface enthalpy
fluxes are necessary. At fixed wind speed, this necessi-
tates greater air—sea jumps of temperature and specific
humidity and thus lower entropy of the surface air. When
lifted moist adiabatically, this corresponds to lower air
temperatures.

There is no qualitative change in the horizontally
averaged vertical profile of the static stability, df,/dz,
for the different experiments, as can be seen in Fig. 4.
The stability df,/dz is maximum around 3 km and near
the tropopause and minimum around 11 km and close
to the surface. The lapse rate decreases with increasing

R. At ail levels, the temperature decreases slightly more
rapidly with height than a moist adiabat.

The horizontally averaged relative humidity is
plotted as a function of altitude in Fig. 5 for R21 and
R54. It amounts to about 80% in the lower tropo-
sphere, peaks slightly around 2.5 km, then decreases
down to about 40% around 7.5 km, and increases
again to over 85% near the tropopause. The position
of the minimum at 7.5 km is consistent with clima-
tological data (e.g., Sun and Lindzen 1993) as well
as with data gathered during GATE (Reed et al.
1977). It does not depend very strongly on the ra-
diative forcing. However, the larger the cooling rate,
the drier the lower troposphere and the moister the
upper troposphere. Unlike what is usually done in
warm rain modeling, the autoconversion threshold
decreases linearly from 1072, its constant value
above 0°C, to zero at and below —20°C. We did so
to account for the observed precipitation from anvil
clouds and to prevent saturation of the upper levels.
Simulations performed with a fixed threshold show
that the troposphere gets overly moist above 6 km,
although the relative humidity profile still shows a
well-defined minimum around 7.5 km.
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c. Upward mass flux

At each level, we computed the upward cloud mass
flux, defined as

A

M=p 3 —w;=pwo,

q:>0,w>0

(1

where p is the air density, A, is the area covered by a
single grid box, A is the domain area, g, is the cloud
water content, and w,; is the vertical velocity at the
horizontal grid point i, j. The quantity w is the upward
vertical velocity averaged over all the cloudy points at
a given level, and o is the fractional areal cloud cov-
erage, defined, respectively, as

1
W— =7 2 W,',-, (2)
Nc qc>0,w>0 !
N.A
= __ lefle 3
== (3)

where N, is the number of cloudy grid points at that
level. Note that the summations in (1), (2), and (3)
extend only over the cloudy points experiencing ascent.
The saturated downdrafts are not included in the com-
putation. The convective upward mass flux, M., and
the corresponding mean convective velocity, w,, and

convective areal coverage, o, are defined in the same
way, but the summations extend only over the cloudy
points where the vertical velocity is greater than 1
m s, according to a widely used definition of con-
vective updrafts (e.g., LeMone and Zipser 1980).
Other criteria have been designed to define convective
areas in cloud model simulations (e.g., Sui et al. 1994;
Xu 1995); these are based not only on the updraft ve-
locities but also on rainfall and cloud water content.
They define convective columns, whereas we are spe-
cifically interested in updraft properties.

The time-averaged vertical profiles of the upward mass
flux and the convective upward mass flux are shown in
Fig. 6 for R21 and R54. The mass flux spectra exhibit
two main peaks, one around 2 km, and another one
around 10 km, similar to the bimodal mass flux distri-
bution observed in the Tropics (e.g., Nitta 1975). The
lower peak corresponds to low-level cumulus clouds,
while the higher one corresponds to deep cumulonimbi.
The deep clouds entrain surrounding air, as indicated by
the increasing upward mass flux with height. The time-
averaged upward mass flux appears more constant with
height for low radiative cooling rates; this is not owing
to the absence of entrainment but rather to time-varying
cloud top altitudes and velocities.

Based on the shape of these vertical profiles, we
choose 6.75 km as an appropriate altitude for charac-
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terizing the cumulonimbi: the vertical velocities are
near their peak magnitudes and large entrainment has
not yet commenced. The behavior of the velocities at
this level is similar to that at other levels. The upward
mass flux and convective mass flux at that altitude are
shown in Fig. 7a as a function of the imposed radiative
cooling rate R. The mass flux increases slightly more
than linearly with R, reflecting the decreasing static
stability associated with lower temperatures, since

M 09 0

——— —_

p 0z T’

although this neglects the downdraft mass flux. Loga-
rithmic curve fits give

M ~ R1.17
Mc ~ R1.16.
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d. Convective velocities

The mean upward velocity, w, and convective up-
ward velocity, w., defined by (2), are shown in Fig. 8
as a function of altitude for R11 and R64. There is a
clear peak at middle levels, but the velocities are prac-
tically independent of the magnitude of the cooling.
Logarithmic curve fits for the vertical velocity at 6.75-
km altitude (Fig. 7b) give

W ~ ROO3
w, ~ R,

The maximum vertical velocity over the entire do-
main is one estimate of the intensity of deep convec-
tion. It does not measure how the ensemble of clouds
reacts to a variation of radiative cooling but how in-
tense the convection can get in a particular area for a
given cooling rate. Combined with a measure of the
mean vertical velocity in the updrafts, it indicates how
wide the updraft velocity spectrum is and whether this
spectrum varies with R. It gives an upper bound on the
convective velocity scale and a lower bound on the
convective timescale. It is also directly related to the
range of air surface entropies, since the higher the
buoyancy of a surface parcel, the faster it ascends.

The time series of the maximum vertical velocity
in the domain exhibits large high-frequency (minutes)
variability but small low-frequency (hours) variabil-
ity (not shown). The time mean, wy,,, increases with
increasing R by as much as 57% between R21 and
R54. This increase of wp,, with R is consistent with
the larger spatial variability of the surface layer entro-
pies at high R.

e. Areal coverage

Vertical profiles of the time-mean fractional areal
coverage of all updrafts, o, and of convective updrafts,
o., defined by (3), are shown in Fig. 9 for R21 and
R54. There are two peaks in the areal coverage of
clouds: a low-level peak corresponding to shallow
clouds and a peak near the tropopause corresponding
to spreading stratiform anvils.

The density of deep convective cores increases more
than linearly with R, varying approximately at R'?
(Fig. 7c). The clouds experiencing ascent at 6.75 km
cover from 0.2% to 2% of the whole area, much less
than the anvils near the tropopause, which cover from
12% to 65% of the domain. The ratio of the area cov-
ered by anvils to the area covered by convective cores
at 6.75 km decreases with R. Some 72% of the cores
at 6.75 km experience ascent greater than 1 m s ~'. This
proportion slightly decreases between R11 and R21 but
is virtually constant for higher R.

f. Convective available potential energy

The domain-averaged values of the convective avail-
able potential energy (CAPE) are shown in Fig. 10,
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ascent of air from the lowest model level (250 m).

both for pseudoadiabatic (CP) and for reversible (CR) large-scale motions, distribution of trace gases, and
heating in the stratosphere.
These values have been averaged over 2 days of the
integration. 4. Summary
For all values of R, CP and CR have quite parallel
time series (not shown), so if one is not interested in
an absolute value of CAPE but rather in its variations
with time, one can use either CP or CR. However, their  cooling of the atmosphere is strongly constrained by
sensitivities to the radiative cooling R are somewhat the requirement that the subsidence warming outside of
different. Both CP and CR show a sharp decrease be- the active convection balance the radiative cooling:
tween R11 and R21, then a slow decrease for CP and o, ]
a very slow increase for CR, for R between —2.14 Moo, — = —Qraa»
K day ~' and —6.42 K day ~!. It is therefore likely that 0z
the mean CAPE for an ascent in which some water falls  where M,,, is the net upward mass flux in clouds, A, is
out is nearly constant or slightly decreases with increas-  the dry static energy, and Q.. is the rate of radiative
ing radiative cooling for large values of R, and de- cooling. This requirement constrains neither the distri-
creases with R for lower values of R. bution of the mass flux among individual up- and
The values of CAPE for the large cooling rate ex- downdrafts nor the partitioning of the mass flux be-
periments might be underestimated. By fixing the tro- tween fractional areal coverage and upward velocity.
popause height, we force a strong inversion between Here we have carried out a series of numerical integra-
13 and 14 km, reducing the buoyancy of the parcels tions with a ‘‘full physics>’ cloud model integrated on
above it. However, it is rather complicated to foresee a domain large enough to contain many clouds, and for
the shape of the sounding and the height of the tropo-
pause at higher cooling rates, since it not only depends

long enough to achieve statistical equilibrium with an
artificially imposed radiative cooling of the atmosphere
on the cooling rate in the troposphere but also on the

that is constant up to 13-km altitude, and with surface

The net upward mass flux carried by moist convec-
tion in statistical equilibrium with the net radiative
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fluxes. The results of these integrations show that in the
simulations, the convective velocity and buoyancy
scales are largely independent of the rate of imposed
radiative cooling, so that variations in the latter are ab-
sorbed mainly by variations in the fractional areal cov-
erage of convective drafts. In a companion paper,
Emanuel and Bister (1996) compare these results to
those obtained with a one-dimensional radiative-con-
vective model with parameterized convection, and also
explore the dependence of the convective velocity,
buoyancy, and areal coverage scales on the vertical dis-
tribution of the imposed cooling. A theory of moist
convective scales is presented and the predictions are
compared to the model results.
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