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ABSTRACT

Strong winds affect mixing and heat distribution in the upper ocean. In turn, upper-ocean heat content
affects the evolution of tropical cyclones. Here the authors explore the global effects of the interplay
between tropical cyclones and upper-ocean heat content. The modeling study suggests that, for given
atmospheric thermodynamic conditions, regimes characterized by intense (with deep mixing and large
upper-ocean heat content) and by weak (with shallow mixing and small heat content) tropical cyclone
activity can be sustained. A global general circulation ocean model is used to study the transient evolution
of a heat anomaly that develops following the strong mixing induced by the passage of a tropical cyclone.
The results suggest that at least one-third of the anomaly remains in the tropical region for more than one
year. A simple atmosphere–ocean model is then used to study the sensitivity of maximum wind speed in a
cyclone to the oceanic vertical temperature profile. The feedback between cyclone activity and upper-ocean
heat content amplifies the sensitivity of modeled cyclone power dissipation to atmospheric thermodynamic
conditions.

1. Introduction

The current understanding of tropical cyclone ther-
modynamics predicts a dependence of its thermody-
namic potential intensity (PI) on the sea surface tem-
perature (Emanuel 2003). The amount of energy dissi-
pated in the boundary layer by turbulence is ultimately
balanced by energy extracted from the ocean through
evaporation of seawater. Higher sea surface tempera-
ture (SST) allows for a higher rate of energy transfer
from the ocean, and so for a larger PI. In most cases, the
actual intensity of a tropical cyclone differs from the
potential intensity, as other factors not included in the
thermodynamic balance come into play, including ver-
tical shear of horizontal winds, mixing of eyewall air
with its environment, and ocean interactions (Emanuel
et al. 2004; Persing and Montgomery 2003). Assuming
that, on average, the ratio between the actual wind
speeds in tropical cyclones and their potential intensity

is constant, Emanuel (1987) predicted a small increase
in tropical cyclone power with increased SST, of the
order of 10% for a 0.5°C warming of the sea surface.
Similar estimates have been obtained using more so-
phisticated models (Knutson and Tuleya 2004; Knutson
et al. 2001). Those estimates, however, pertain to large-
scale temporal increases of SST and are not represen-
tative of the sensitivity that tropical cyclones have to
localized spatial variations of SST: a relatively small
decrease in the SST gradient between the eye of a tropi-
cal cyclone and the surrounding water is able to signifi-
cantly increase the maximum wind speed (Emanuel
2007; Schade 2000). Sea surface temperatures and
power dissipated by cyclones over the last few decades
are indeed correlated (Elsner et al. 2006; Emanuel
2005), but the magnitude of the variations is surprising.
The observed variation in the power dissipated by
tropical cyclones is on the order 70%, for large-scale
temporal changes in SST of 0.5°C. Although the corre-
lation between the two signals could be inconsequential
and given that we want to understand the mechanisms
that create variations in tropical cyclone activity, we use
the observed correlation as suggestive of a direct link-
age between SST and tropical cyclone activity. In this
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case, the disparity between the predicted and the ob-
served sensitivity of tropical cyclone activity to the
changes in sea surface temperature needs to be ad-
dressed. We suggest that the distribution of the ratio
between the observed maximum tropical cyclone inten-
sity and the PI is not constant but rather depends on the
ocean heat content, which is in turn affected by tropical
cyclone activity, as briefly summarized below.

The passage of tropical cyclones leaves a wake on the
ocean surface, encompassing water that is cooled by up
to several degrees Celsius (Bender et al. 1993; Cione
and Uhlhorn 2003). Most of this cooling is associated
with entrainment of colder water upwelled by strong
winds, rather than by air–sea heat loss (D’Asaro 2003;
Price 1981). Large wind stress creates strong velocity
shear in the upper ocean. Shear instabilities deepen the
mixed layer, generating surface cooling and subsurface
warming (Emanuel 2001). The SST is subsequently re-
stored to typical values by oceanic processes and
anomalous air–sea heat fluxes (e.g., reduced latent heat
loss), entailing a net positive heat flux into the ocean.
This net heating is associated with a warming that is
located away from the surface, in the region at the base
of the mixed layer. Emanuel (2001) estimated for the
year 1996 a total heat flux of (1.4 � 0.7) 1015 W into the
ocean induced by global tropical cyclone activity. In
steady-state annual mean conditions, such heat is even-
tually transported away by ocean currents, and most
likely lost to the atmosphere at different latitudes.

In this paper, we focus on the fate of subsurface
warm anomalies created by an anomalously strong
tropical cyclone season and speculate about the pos-
sible implications of transient heat anomalies in the up-
per ocean on subsequent tropical cyclone events. A
positive feedback between strong cyclones and warm
anomalies at the base of the mixed layer is potentially
at play. There is evidence that, when a tropical cyclone
passes over a warm ring characterized by a deep mixed
layer and correspondingly large heat content, its inten-
sity rapidly increases (D’Asaro 2003; Goni and Tri-
nanes 2003; Lin et al. 2005; Shay et al. 2000). Goni and
Trinanes (2003) find that “the intensification of 32 out
of the 36 strongest tropical cyclones in the tropical At-
lantic, from 1993 to 2000, [. . .] can be associated with
the passage of their tracks over regions with increased
heat potential of at least 20 kJ/cm2.” In most cases, the
heat anomaly is not reflected in higher sea surface tem-
perature, indicating that the subsurface heat is an im-
portant quantity in tropical cyclone intensity prediction
(Goni and Trinanes 2003). Cooling of the sea surface by
entrainment of colder water is one of the processes that
inhibit hurricane intensification, preventing them from

reaching their PI (Bender and Ginis 2000; Bender et al.
1993; Emanuel 1999; Knutson et al. 2001; Schade 2000;
Zhu and Zhang 2006). This has been referred to as the
SST feedback mechanism (Schade and Emanuel 1999).

The hypothesis that we here present and test is that,
as tropical cyclone intensity and duration increase,
there is more entrainment and a transient deep mixed
layer is formed. The relaxation of SST to typical con-
ditions will be associated with anomalous heating of the
subsurface ocean. The resulting extra heat in the water
column will reduce the negative SST feedback on tropi-
cal cyclones subsequently passing over the same area.
Clearly, for this mechanism (discussed in section 2) to
be important, the anomalous heating must be suffi-
ciently large and the dissipation time of the heat
anomaly at the base of the mixed layer must be longer
than the time interval between the passage of tropical
cyclones. We here use an ocean general circulation
model to estimate the lifetime and the amplitude of
such heat anomalies (section 3). We then use a coupled
hurricane–ocean model to estimate the effect of these
anomalies on tropical cyclone intensity (section 4). In
section 5, we use a simple model to calculate the evo-
lution of the anomalies over time scales of several
years. The results are summarized and discussed in sec-
tion 6, in relation to observational oceanographic data
of the last few decades.

2. The feedback mechanism

The potential intensity of a tropical cyclone is de-
fined as the maximum attainable wind speed, consider-
ing the cyclone as a thermodynamic engine. Its depen-
dence on the environmental characteristics is (Emanuel
2003)

|Vp |2 �
Ck

CD

Ts � To

To
�k*0 � k�, �1�

where CD and Ck are the air–sea momentum and heat
exchange coefficients, respectively, Ts is the air tem-
perature at the ocean surface, To is the entropy-
weighted mean outflow temperature at the top of the
storm, k is the specific enthalpy of air in the boundary
layer at temperature Ts, and k*0 is the specific enthalpy
of saturated air at temperature Ts. The difference be-
tween Ts and To has fairly small variability over differ-
ent climatic conditions, and it is not expected to change
significantly in a warmer world. Similarly, the air–sea
momentum exchange coefficient CD and the heat ex-
change coefficient Ck are usually considered indepen-
dent of temperature. The expected climate sensitivity
of Vp is derived from consideration of the energy bal-
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ance at the ocean surface. Enough thermodynamic dis-
equilibrium, (k*0 � k), must be present to maintain the
turbulent enthalpy flux required to balance the net ra-
diative flux at the surface. An increase in the latter
(induced, for instance, by increased greenhouse gases)
requires an increase in thermodynamic disequilibrium,
provided there is no change in the mean surface wind
speed. Such reasoning predicts a few percent change in
the wind speed of tropical cyclones when SST changes
by 0.5°C (Emanuel 2005; Knutson and Tuleya 2004).
This small sensitivity is consistent with the findings of
Michaels et al. (2006) who observed that the ultimate
intensity that a storm achieves is less dependent on the
underlying SST than it is on many other environmental
factors. Considering that the total power dissipated in
the boundary layer depends on the time integral of the
third power of wind speed and that storm duration also
generally increases with intensity, a larger sensitivity is
expected (resulting in, at most, a 20% increase in dis-
sipated power per SST warming of 0.5°C), but certainly
not as large as observed (about 70%). The idea behind
this reasoning is that PD � F V3

p, with F a proportion-
ality factor that scales as �CD�L2T, where � is the den-
sity of water, L and T are spatial and temporal scales of
tropical cyclones, respectively, and � is a coefficient
smaller than one that represents the fact that usually
the power dissipated by tropical cyclones is smaller
than the thermodynamic potential value, PPD �
CD�L2TV3

p (Emanuel 2000). We thus have

PD � �PPD. �2�

The proportionality factor � depends on many factors,
including vertical shear of the horizontal winds and in-
teractions with land and ocean. We here focus on its
dependence on the upper-ocean heat content (HC)
that, in turn, is a function of the stirring in the upper
ocean, and thus of the power dissipated (PD) by pre-
ceding tropical cyclones. The feedback between PD
and HC is the subject of this work.

Indicating reference conditions with a subscript, X0,
we construct the following toy model for the upper-
ocean heat content evolution:

dHC
dt

�
1
�

�HC0 � HC� � �
PD � PD0

PD0
. �3�

The evolution equation for the upper-ocean HC has a
relaxation term to unperturbed steady-state conditions
HC0 that acts on a time-scale 	 and a forcing term that
depends on the anomalous power dissipated by tropical
cyclones in the upper ocean. The factor 
 is the heat
flux into the ocean associated with normal tropical cy-
clone activity. If PD � PD0, there is no heating
anomaly. Defining the heat anomaly, � � (HC � HC0)

and substituting PD � �(�) PPD (potential power dis-
sipated) in the equation above, we obtain

d�

dt
� ������

��0�

PPD
PPD0

� 1� �
1
�

�. �4�

In the following, we evaluate the different parameters
so as to obtain an estimate for how important the dif-
ferent terms in the above equation are. We next de-
scribe simulations with the Massachusetts Institute of
Technology general circulation model (MITgcm) that
allow us to estimate reasonable values for 
 and 	. The
dependence of � on the heat content anomaly will be
estimated with the use of a hurricane model coupled to
a simple ocean model.

3. Ocean model

Here we study the transient response of an ocean
model to a perturbation designed to represent the up-
per-ocean mixing created by anomalously strong tropi-
cal cyclones. To this end, we use the MITgcm (Marshall
et al. 1997), run under annual mean forcing, on a hori-
zontal grid of 4° � 4° with 20 geopotential vertical lev-
els and a higher resolution in the upper ocean (5 layers
in the first 200 m). The model is driven using annual
mean winds, Haney-type mixed boundary conditions
for surface temperature, and fixed freshwater flux. All
boundary conditions are time independent and repre-
sent annual mean properties. There are no explicit
mixed layer dynamics: the first layer, interpreted as a
mixed layer, has a prescribed thickness of 50 m (below
it, the vertical resolution becomes 25 m). After a spinup
of 1000 years, the model reaches a steady state (small
fluctuations in the model variables are still present, but
they are negligible for our study). The flow in the upper
layer is shown in Fig. 1. This is our control state.

We then add a perturbation in the temperature field
that is meant to represent the effects of enhanced tropi-
cal cyclone activity: in the geographical regions over
which the estimated annual mean PI is large (PI  60
m s�1, see Fig. 2) and outside an equatorial band of 8°
latitude width, the surface water is mixed down to 75 m,
that is, one grid level below the 50-m-deep model mixed
layer. To consider whether this is a realistic perturba-
tion, consider that a typical cold wake after the passage
of a tropical cyclone can be 300 km wide and 2000 km
long. When multiplying its surface area by the number
of tropical cyclones in a year (about 90), we obtain the
total area affected by mixing induced by tropical cy-
clones in a year to be about 50 � 106 km2, which is only
a bit smaller than the surface area of the perturbed
region in our simulations (70 � 106 km2). In the model,
surface water is cooled by mixing with sub–mixed layer
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water (Fig. 3), resulting in a mean sea surface tempera-
ture decrease of 0.72°C over the perturbed area. Note
that the specific patterns of those anomalies is different
from the pattern that is observed when the mixing pro-
cedure is applied to observational climatological
dataset (not shown), as the vertical profiles of tempera-
ture in the model do not perfectly reproduce the ob-
served ones. It is reassuring, however, that the mean sea
surface temperature reduction in the two cases is very
similar (0.72°C in our model and 0.78°C in the World
Ocean Atlas dataset). The total heat loss in the mixed
layer over the perturbed region due to mixing with

colder water integrates to 1.1 � 1022 J. To put this in
perspective, consider that Emanuel (2001) estimated
the energy change in the upper ocean due to the mixing
with underlying colder water, integrated over 1 year of
tropical cyclone activity, to be 4.5 � 1022 � 50% J. The
main difference is probably due to an underestimate of
the mixing depth in our simulation. This implies that we
are probably underrepresenting the global effect of
tropical cyclone activity on ocean mixing. On the issue
of uniform mixing (introduced in our simulations) ver-
sus space and time localized mixing (typical of tropical
cyclone activity), the reader is referred to Boos et al.
(2004) and Scott and Marotzke (2002).

After the perturbation is added, sea surface tempera-
tures relax back to typical values over a characteristic
time scale of about two months. During the first months
after the perturbation, the air–sea fluxes over the per-

FIG. 2. Maximum sustainable surface wind (m s�1) calculated
from climatological SST data (Conkright et al. 2002) and from
reanalysis of vertical profiles of atmospheric temperature, pres-
sure, and mixing ratio. The estimate corresponds to 80% of the
maximum gradient wind speed, calculated following the proce-
dure described in Bister and Emanuel 2002. Shaded area corre-
sponds to regions where PI exceeds 60 m s�1. For the rest of the
paper, this area is interpolated onto a 4° � 4° grid by requiring
that more than 50% of the 4° � 4° grid cell area have PI 
60 m s�1.

FIG. 3. Surface temperature anomalies (°C) resulting from the
mixing of the surface water down to 75 m. Perturbations are only
applied to the regions with PI  60 m s�1, indicated by the gray
contour.

FIG. 1. Surface velocities (25 m) from the MITgcm simulation with annual mean forcing, 4° � 4°
resolution, and 20 vertical levels.
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turbed region change in such a way as to reduce the
anomalies. After one year, the SST anomalies have
been reduced to a mean value of 0.001°C, indicating
that the perturbation signature at the surface is almost
entirely gone.

What happens below the surface? The temperature
anomalies after one year are shown in Fig. 4 for the
layer between 50 and 75 m below the surface. These
temperatures have peak positive anomalies of 0.5°C.
After 12 months, 90% of the anomalous heat is con-
tained between 50 and 155 m below the surface. The
heat anomaly evolution over this layer is shown in Fig.
5a. When the initial perturbation is added, an average
of 19 kJ cm�2 is displaced downward as a result of the
mixing with the surface water. This anomaly monotoni-
cally decreases as lateral advection and diffusion carry
heat away from the water column.

To be more quantitative, we calculate the evolution
of the anomalous heat content in the vertical column
over the perturbed region. The initial perturbation does
not alter the heat content of the column, as heat is
simply redistributed in the vertical direction by the
anomalous mixing. The evolution of the heat content is
a balance between the anomalous heating associated
with the relaxation of SST to typical values and the heat
flux away from the column that warms surrounding wa-
ters. During the first few months after the introduction
of the perturbation, anomalous air–sea heat flux is the
dominant contribution. This causes a net increase of the
column-integrated heat content (see Fig. 5a). After 4–6
months, the SST anomalies have become very weak,
and the dominant process is the lateral loss of heat from
the deeper layers of the column. This results in a slow
decrease of the column-integrated heat content. The
decay time scale is about 16 months (Fig. 5b). Values of
the initial perturbations and anomalies after 12 months
are shown in Table 1. We also indicate the mean
anomalous air–sea heat flux, averaged over the first

year after the onset of the perturbation and over the
whole ocean surface. After a few initial months of
anomalous heating, heat is lost as subsurface heat is
spread horizontally and vertically. Part of this heat es-

TABLE 1. Anomalous heat content in the water column below
the upper 50 m, averaged over the perturbed area, for different
initial perturbations. Values indicate the initial perturbation aris-
ing from the mixing through the depths indicated in the first col-
umn and the anomalies 12 months after. The last column shows
the time integral of the anomalous heat flux at the air–sea inter-
face in the first year after the perturbation.

Mixing
depths

(m)

Initial
perturbation

(kJ cm�2)

Anomaly
after 1 yr
(kJ cm�2)

Anomalous air–sea heat
flux integrated

over 1 yr (kJ cm�2)

0–75 19 4 5.5
0–100 36 10 13
0–155 70 33 38

FIG. 4. Subsurface (50–75 m) temperature anomaly 12 months
after perturbations were added (°C).

FIG. 5. (a) Evolution of the column-integrated heat anomaly
averaged over the perturbed region. Solid line refers to the whole
water column; punctuated line is for the layer between 50 and
155 m below the surface. (b) Column-integrated heat anomaly
normalized by its maximum value. Solid line is for an initial per-
turbation down to 75 m, dashed line is for an initial perturbation
down to 100 m, and punctuated line is for an initial perturbation
down to 155 m. The reference line is an exponential decay with
	 � 16 months.
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capes directly into the atmosphere. Our results indicate
that about half of the maximum heat anomaly in the
column is lost into the atmosphere without being hori-
zontally advected away.

An exploration of the anomalous heat fluxes at the
air–sea interface (Fig. 6) reveals that the ocean mainly
gains heat over the perturbed region and loses heat
over the equatorial band and near the coasts. The
anomalous warm subsurface water in the perturbed
area is advected toward lower latitudes over most of the
ocean basins, driven by winds. It then upwells in the
equatorial area. The resulting warm anomaly is reduced
by anomalously large heat loss from the ocean into the
atmosphere in the equatorial band. The large-scale cir-
culation is responsible also for heat loss in the western
boundary currents where the anomalously large heat
loss is visible starting 3 months after the initial mixing,
and it reaches its maximum value about 8 months after
the perturbation was introduced. This is consistent with
the interpretation that the anomaly is carried westward
by Rossby waves. The heat loss poleward of the per-
turbed regions, on eastern boundaries of the basins, is
not driven by large-scale advection of warm anomalies
over those regions, as here the mean flow is equator-
ward. It is visible along the west African coast, west
Australian coast, and west American coast, and we in-
terpret this as the response to heat transport by Kelvin
waves. The small warming visible in the northwest Pa-
cific Ocean and south of New Zealand are present be-
cause the ocean model has not reached perfect equilib-
rium. This small heating does not affect the regions of
interest for this study.

We repeated the experiment with two different
depths over which the initial mixing is applied: 100 and
155 m. These experiments are performed so as to esti-
mate the sensitivity of the results, and probably they

overestimate the global effects of the mixing introduced
by tropical cyclone. They are important, however, as
intense winds mix water to greater depth than the 75 m
used in the first experiment [D’Asaro and McNeil
(2007) report a mixing depth of about 150 m after the
passage of Hurricane Frances in 2004, which reached
category 3]. These simulations indicate that, when the
anomalous heat is located at greater depth, the decay
time for the anomaly is larger than 16 months (see Fig.
5b). In particular, while after 12 months from the mix-
ing event the heat anomaly in the water column is half
of its maximum value for the case of initial mixing down
to 75 m, it is as large as 80% of its maximum value when
the initial mixing is down to 155 m. For this reason, we
think that, by using 16 months as the decay time for the
heat anomaly, we are being conservative and that in-
deed the decay time could be larger. It has to be noted,
however, that the simulations presented here do not
have mixing with the spatial and temporal intermit-
tency that tropical cyclones have and that the ocean
model cannot resolve finescale processes that could be
important in the restratification process. More refined
studies are needed to better constrain the residence
time of anomalous heat in the tropical region and the
magnitude of the anomalies.

4. Hurricane–ocean model

Here we use the coupled hurricane–ocean model de-
scribed in Emanuel et al. (2004) to estimate the depen-
dence of PD on the upper-ocean heat content. The at-
mospheric component of the model is described in de-
tail by Emanuel (1995). It is constructed on the
assumption that the storm is axisymmetric, that the air-
flow is in hydrostatic and gradient wind balance, and
that the vortex is always close to a state of neutral
stability to slantwise convection in which the tempera-
ture lapse rate is everywhere and always assumed to be
moist adiabatic along angular momentum surfaces.
Thus the saturated moist potential vorticity is zero ev-
erywhere, and the balance conditions allow this quan-
tity to be inverted, subject to certain boundary condi-
tions. These constraints place strong restrictions on the
structure of the vortex so that, with the exception of the
water vapor distribution, the vertical structure is deter-
mined by the radial distribution of boundary layer
moist entropy and by the vorticity at the tropopause.
The water vapor distribution is characterized by the
moist entropy of the boundary layer and of a layer in
the middle troposphere. Moist convection is repre-
sented by one-dimensional plumes, containing both up-
drafts and downdrafts, whose mass flux is determined
to insure approximate entropy equilibrium of the

FIG. 6. Surface heat flux anomaly (W m�2) in the first year after
the perturbation (W m�2). Red shading indicates anomalous
warming; blue shading represents anomalous cooling. The anoma-
lous heat flux, averaged over the perturbed region in the first 12
months from the mixing, is 6 � 1013 W.
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boundary layer. The model variables are phrased in
“potential radius” coordinates; potential radius is pro-
portional to the square root of the absolute angular
momentum per unit mass about the storm center. This
allows for very high radial resolution of the storm’s
inner core using only a limited number of radial nodes.
An empirical parameterization accounts for the effect
of environmental wind shear on the storm’s intensity.
The model’s ocean comprises a series of one-dimen-
sional columns strung out along the path of the storm.
Below a mixed layer of depth h and temperature Tm,
there is a temperature jump �T, followed by a linear
decrease in temperature with depth at a rate � (see Fig.
7). The bulk horizontal velocity of the ocean’s mixed
layer is predicted assuming momentum conservation:

�0

��hu�

�t
� �, �5�

where �0 is the density of the water and 	 is the surface
stress generated by the tropical cyclone. The shear in-
stability at the base of the mixed layer is related to the
Richardson number (see Emanuel et al. 2004):

Ri �
g��h

�u2 , �6�

where �� � ���� is the density jump at the base of
the mixed layer. Shear instabilities are assumed to

maintain the criticality in the Richardson number.
Whenever the kinetic energy of the mixed layer is
larger than the gravitational potential energy jump be-
low the mixed layer, mixing with underlying water
deepens the mixed layer. Enthalpy conservation allows
the evaluation of the temperature of the deepened
mixed layer. Although here horizontal advection and
Coriolis acceleration have been neglected, the model
has been shown to reproduce remarkably well the
storm intensity obtained when using a fully three-
dimensional ocean model (Emanuel et al. 2004).

Schade and Emanuel (1999) have studied the sensi-
tivity of such a model to several oceanic and atmo-
spheric parameters. Here we perform a similar study,
focusing on the sensitivity of the maximum velocity at-
tained by tropical cyclone winds to the heat accumu-
lated at the base of the mixed layer. To this aim, we
perform a series of numerical simulations in which dif-
ferent atmospheric and oceanic conditions are consid-
ered and compute the ratio between the power dissi-
pated and the potential power dissipated by tropical
cyclones, � � PD/PPD � (Vmax/Vp)3. The evolutions of
1500 tropical cyclones and their dependence on the up-
per-ocean heat content are studied, under different
propagation speeds (between 1 and 10 m s�1) and ver-
tical shear of horizontal winds (wind speed difference
between 850 and 200 hPa in the range from 0 to 15
m s�1). We have used many different ocean tempera-
ture profiles, obtained by varying: the mixed layer
depth from 4 to 160 m, the thermocline slope between
5° and 10°C (100 m)�1, and the jump of temperature at
the base of the mixed layer between 0.05° and 2°C. The
initial surface temperature, set to 27°C, is not varied, as
� is remarkably independent of the specific environ-
mental SST, but it is a strong function of the vertical
gradients of temperature in the ocean (some tests have
been performed with SSTs of 29° and 32°C and show
similar results to those presented here). A reference
ocean temperature profile (characterized by a mixed
layer depth of 28 m and a temperature jump at its base
of 1°C) is chosen to define heat anomalies in the ocean
model. The upper-ocean heat content anomaly is de-
fined as the heat content in the water column in the top
200 m minus the heat content in the top 200 m of the
reference temperature profile. For each of the simula-
tions, the potential intensity and the maximum attained
wind speed are used to calculate �. For each set of
atmospheric conditions �0 is defined as the ratio be-
tween PD and PPD when the oceanic temperature pro-
file is the reference one, and �� � � � �0.

The results are summarized in Fig. 8. As expected, in
general a cold ocean anomaly reduces the attained wind
speed, and likewise a warm anomaly increases the value

FIG. 7. Schematic representation of the ocean vertical profiles
used in the hurricane–ocean model. Dashed line indicates profile
after the mixing created by the passage of the hurricane. The two
gray regions have the same surface area.
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of �. Points with �� � 0 and null heat anomaly are
associated with ocean temperature profiles that differ
from the reference value in their mixed layer depth and
�T but have the same heat content. In these cases the
surface cooling owing to entrainment of subsurface wa-
ter can be different, and thus a small change in � is
detected. It is interesting to note that, despite the wide
range of parameters used, the dependence of �� on the
heat anomaly is fairly constant for heat anomalies on
the order of a few tens of kilojoules per square centi-
meter. Its average rate of change is 0.5 (100 kJ cm�2)�1

of the anomalous warming in the ocean. Considering
that values of �0 for those simulations are in the range
0.12–0.4, this indicates an increase of PD of the order of
60%–200% for a warm anomaly of 50 kJ cm�2. This
estimate is in agreement with the observational data
that indicate that tropical cyclones undergo strong in-
tensification when passing over warm anomalies on the
order of 20–50 kJ cm�2 (Goni and Trinanes 2003).

For larger heat anomalies, the response in the value
of � depends on the atmospheric characteristics. For
example, when a strong wind shear is present, the in-
crease of � with a warming ocean is limited by the fact
that the tropical cyclone cannot become intense, as it is
limited by atmospheric processes. Another reason for
the smaller sensitivity of �� to the heat content at large
values of the heat anomalies is simply that, as the heat
anomaly increases, the value of � gets close to one, and
the relative change of � becomes limited by the fact
that � cannot grow above one. Tropical cyclones whose
intensity is significantly smaller than the potential in-
tensity can clearly intensify more than cyclones whose
intensity is already close to their maximum value. This
point is quantified in Fig. 9, where the relative change

of � is plotted as a function of the initial value of �,
when the mixed layer depth is increased by 4 m and no
other changes are introduced. Tropical cyclones whose
� is 0.2 can double their power dissipated in response to
a deepening of the mixed layer of 4 m. The maximum
change for a tropical cyclone with � � 0.8 is about 20%.
A relative increase of PD on the order of 50% has been
observed for tropical cyclones with � 	 0.75.

To summarize, the dependence of � on the heat
anomaly � is a function that saturates to 1 for large
positive anomalies and to 0 for large negative anoma-
lies. We parameterize, for later use, this behavior by
using an arctangent function, � � arctan(a�)/� � 0.5.
The value of a is chosen to optimally fit the data pre-
sented above so that the sensitivity of � to � is 0.5
(100 kJ cm�2)�1 for small � (Fig. 10).

Before concluding this section, we want to stress that
the sensitivity of PD to a variation in the sea surface
temperature below the eye of the tropical cyclone is
significantly larger than the sensitivity of PPD to the
same variation in the ambient sea surface temperature
(see Fig. 11). This effect, studied by Schade (2000), is
associated with the energy fluxes at the air–sea inter-
face. The amount of heat that the ocean injects into the
atmosphere depends on the horizontal sea surface tem-
perature gradients and not merely on the absolute
value of the sea surface temperature. As air in the at-
mospheric boundary layer moves toward the storm cen-
ter, its enthalpy increases owing to transfer from the
sea. If the sea surface temperature does not have any

FIG. 8. Relative change of the ratio between power dissipated
by tropical cyclones and potential power dissipated, � � PD/PPD,
as a function of the upper-ocean heat content anomaly (see text).
The solid line has a slope of 0.5 (100 kJ cm�2)�1.

FIG. 9. Relative change in power dissipated by a tropical cyclone
when the mixed layer depth is increased by 4 m, as a function of
the value of � characterizing them. Each point corresponds to a
different set of ocean temperature profiles, propagation speeds,
and wind shears. Solid lines indicate the variation required to
reach the fraction of PPD indicated by the intersection of each
line with the abscissa (the curve on the right is the maximum
possible change in PD, corresponding to a tropical cyclone that
reaches its PPD).
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spatial inhomogeneity, the enthalpy increase is
bounded by the (unperturbed) saturation enthalpy of
the sea surface. However, if the sea surface tempera-
ture is lower below the eyewall, this bounding enthalpy
is reduced. A 2.5°C drop in SST is sufficient to prevent
any enthalpy increase of the inflowing air, so even a 1°C
decrease will significantly weaken the storm.

5. Estimates of feedback magnitude

Here we use the results obtained in the previous sec-
tions to estimate the parameters of the simple model of
the interplay between upper-ocean heat content and
tropical cyclone activity introduced in section 2, Eq. (4).
We have shown that the appropriate values for the de-
cay time of anomalous warming in the upper ocean is of
the order of 1.4 yr and that the sensitivity of the ratio
between PD and PPD to upper-ocean heat anoma-
lies, �, can be represented by the function �(�) �
arctan(a�)/� � 0.5, with a � 0.005� (kJ cm�2)�1. As for
the effect that an anomalous cyclone season has on the
upper-ocean heat content, we start from the estimate of
mixed layer cooling by tropical cyclone activity for the
year 1996 described in Emanuel (2001), then divide it
by the surface area affected by tropical cyclones (about
50 � 106 km2), and finally divide the result by 2, based
on the observation that, in our MITgcm simulations,
the maximum value of the column-integrated heat con-
tent anomaly was between one-third and two-thirds of

the initial mixed layer cooling. This procedure gives an
estimate of 
 � 50 kJ cm�2 yr�1: a 10% increase in
power dissipated by tropical cyclones over a year will
result in an anomalous heating of 5 kJ cm�2. The actual
increase of heat content after one year will be smaller
because of the relaxation to typical conditions that
mimics lateral and vertical heat losses over time.

Clearly, the above numbers have to be taken as order
of magnitude rather than as exact values, due to the
strong approximations and simplifications introduced
in the procedures to derive them. For instance, the
anomalous mixing introduced in the MITgcm to simu-
late effects of tropical cyclones does not have the spa-
tial and temporal variability that characterizes tropical
cyclones. Another potential source of bias in the esti-
mates comes from the fact that the power dissipated by
tropical cyclones depends not only on wind speed,
which is the only quantity considered in this study, but
also on spatial size and lifetime of cyclones. Moreover,

FIG. 10. Ratio between PD and PPD, as function of the heat
content anomaly in the upper 150 m of the ocean. To obtain these
data the initial mixed layer depth, the temperature jump at the
base of the mixed layer, and the thermocline slope have all been
varied. The cyclone propagates at 7 m s�1 and there is no wind
shear. The reference conditions for the ocean are h � 40 m, � �
8°C (100 m)�1, and �T � 0.6°C, chosen so that the value of � for
null heat anomaly is 0.5. Solid line is arctan(a�)/� � 0.5, with a �
0.005� (kJ cm�2)�l. The mixed layer depth in these simulations
never exceeds 150 m.

FIG. 11. Maximum wind speed vs time during the evolution of a
model tropical cyclone. Thick solid line is for a tropical cyclone
interacting with the ocean, with unperturbed SST of 29°C. SST
below the eye in this case is 1.7°C lower than the surrounding
water, due to entrainment of subsurface water, once the cyclone
has reached statistically stationary intensity. Thin solid line is the
evolution of the cyclone, were it not causing any surface cooling
(in this case the SST is fixed in space and time to 29°C). Dotted
line is the evolution of the cyclone intensity developing over an
ocean with fixed SST of 27.3°C, i.e., 1.7°C lower than in the pre-
vious case. Horizontal lines indicate potential intensity. Note that
the maximum wind speed of the cyclone developing over a uni-
formly cold ocean is significantly larger than the maximum wind
speed of the cyclone developing over a warm ocean and creating
a cooling below the eye, in spite of the fact that the SST is, in the
former case, everywhere colder than or as cold as in the latter
case. In these experiments, mixed layer depth is 30 m, tempera-
ture jump at the base of the mixed layer is 1°C, thermocline slope
is 8°C (100 m)�1, propagation speed of the storm over the ocean
is 7 m s�1, and vertical shear of the horizontal large-scale wind is
zero.
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we choose a function �(�) so that �(0) � 0.5: different
choices can be made, so the normal value of � in the
absence of heat anomalies is anywhere between 0 and
1. For those reasons, in the following we present the
behavior of the model for different choices of the pa-
rameters.

Steady states of Eq. (4) are given by the solutions of
the following equation:

����

��0�
� � �

��
� 1� PPD0

PPD
.

As shown in Fig. 12a, depending on the parameter val-
ues, there can be one or three steady states. For con-
stant PPD � PPD0, the solution � � 0 (normal heat
content and normal tropical cyclone activity) becomes

linearly unstable when the system goes through a pitch-
fork bifurcation and two more solutions appear, which
happens at


 �
�a�

���0�
� 1.

It is remarkable that the values of the parameters in-
troduced above lead to � � 0.7: a change in 	 from 1.4
to 2 yr or the increase of 
 from 50 to 80 kJ cm�2 yr�2

suffices for � to become supercritical and the present
solution to become unstable. The presence of multiple
steady states indicates that the interplay between tropi-
cal cyclones and upper-ocean heat content can lead to
stable solutions representing both weak cyclonic activ-
ity (and, consequently, weak ocean mixing and shallow
mixed layer) and more vigorous cyclonic activity with
deeper mixing and larger heat content in the upper
ocean. A relatively small change in the conditions that
regulate the interplay between tropical cyclones and
upper-ocean mixing could actually induce the transition
through the bifurcation, leading to a sudden and large
change in the power dissipated by tropical cyclones. For
�  1, a small variation in PPD can suffice to allow a
transition from the weak to the strong steady state and
vice versa. We show in Fig. 13 one such case. Here,
PPD is assumed to stochastically vary in time. PPD is
defined as an Orstein–Uhlenbeck process (e.g., Gar-
diner 2004) with decay time of 10 000 yr and Gaussian
increments with standard deviation 0.005. The system is
perturbed by the stochastic fluctuations in PPD that
induce small variations in PD. When the fluctuations
are large enough, they induce a transition from one
stable steady state to the other one. Time intervals be-
tween the transitions are regulated by the characteris-

FIG. 12. Graphical analysis of Eq. (4). Steady-state solutions are
given by the intersections of �(�)/�(0) with the straight lines. (a)
Case PPD � PPD0. For � � 1 the only solution is � � 0; for � 
1 the two external solutions are stable and � � 0 is unstable. (b)
Here the sensitivity of the steady-state solution to an increase of
PPD is shown; numbers indicate the value of PPD/PPD0 for the
two different lines. When PPD is increased by 10%, the steady-
state value of �, and thus the power dissipated by cyclones, in-
creases by 40%. Here � � 0.9.

FIG. 13. Ratio between PD and PPD as a function of time, when
PPD is a stochastic process with a time scale of 10 000 yr
and independent increments with 0.005 standard deviation. Here
� � 1.2.
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tics of the stochastic process. Before concluding this
brief discussion on multiple steady states, we suggest
that they may be relevant for past climate variations
(e.g., Eocene warm climate). It is, however, difficult to
further explore this issue since we do not know the
precise values and sensitivity to ambient conditions of
the parameters on which the pitchfork bifurcation at
� � 1 depends.

We now present the evolution of the tropical cyclone
activity when a perturbation in PPD is introduced. This
mimics a temporally variable potential intensity owing
to modified thermodynamic conditions, such as a small
modulation of sea surface temperature. In Fig. 12b the
sensitivity of the steady state to a small increase in PPD
is shown, for a case with subcritical �: a 10% increase in
PPD is reflected into a four times larger increase in PD.
As usual, the specific number is not important, as larger
and smaller amplifications can be obtained starting, for
instance, from different initial values of �(0), but it is
significant that large amplification is possible. The tem-
poral evolution of the amplification is shown in Fig.
14a, where a time-varying PPD is considered, PPD(t) �
PPD0(1 � 0.004 yr�1 t), corresponding to a 16% in-
crease of PPD in 40 yr. The corresponding increase of
the power dissipated by cyclones over the same time
interval is 60%. A simulation with a sinusoidal depen-
dence of PPD in time, with a period of 40 yr and am-
plitude of 5%, is presented in Fig. 14b and shows a
similar amplification of the cycle of PD, together with a
slight dephasing between the two curves.

6. Discussion and conclusions

Potential intensity theory of tropical cyclones
(Emanuel 2003) relates maximum attainable wind
speed to atmospheric thermodynamic conditions and
does not account for ocean interactions. However, it is
known that the upper-ocean heat content, even in case
of constant sea surface temperature, strongly affects the
actual intensity reached by tropical cyclones. Here we
have used a simple atmosphere–ocean model to inves-
tigate the sensitivity of tropical cyclone intensity to up-
per-ocean heat content, when the environmental (un-
perturbed) sea surface temperature is kept constant.
The sensitivity manifests through the surface cooling
below the eye of the cyclone determined by entrain-
ment of cold water upwelled from underneath. As re-
ported in previous studies (Schade 2000), the sensitivity
of cyclone intensity to changes in surface temperature
below the eye is much stronger than the sensitivity of
potential intensity to environmental sea surface tem-
perature. In turn, sea surface temperature below the
eye is affected by the vertical profile of temperature in

the ocean, with a deeper initial mixed layer inducing a
smaller surface cooling and thus allowing for stronger
cyclone intensity. Here, it is shown that in our model
the ratio � between the actual power dissipated by a
cyclone and the power dissipated by a cyclone that
reaches its potential intensity, which is a number be-
tween 0 and 1, increases by about 0.1 when the heat
content of the upper ocean is increased by 20 kJ cm�2

from typical conditions. The rate of change of � with
heat content decreases to 0 for both very deep mixed
layers (when � saturates to one, in the absence of ver-
tical wind shear) and very shallow mixed layers (when
� tends to zero).

There are indications that in the last 50 years the heat
content of the upper ocean has increased (Levitus et al.
2005), but the global signal is not statistically significant
(Harrison and Carson 2007). For this reason, we focus
on the region in the North Atlantic Ocean where tropi-
cal cyclones occur (defined as the region where PI  60

FIG. 14. Evolution of anomalous hurricane dissipated power
(solid line) and potential power dissipated (dashed line), normal-
ized by their initial values, from integration of system Eq. (4). (a)
PPD is increased by 0.4% of the initial value every year. After 40
yr, PPD has increased by 16% while PD has increased 4 times
more; (b) PPD is varied over a period of 40 yr by 10%. The
variation of PD is about 3 times larger and delayed by about 3 yr.
Here �(0) � 0.5, 
 � 50, and 	 �1.4 yr.
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m s�1, see Fig. 3), that, among the tropical areas of
direct relevance for our discussion, has been the best
sampled. Large portions of this region show a statisti-
cally significant positive trend over the second half of
the twentieth century (Harrison and Carson 2007).
Positive temperature trends in the upper 700 m over the
tropical North Atlantic with PI  60 m s�1 (Fig. 15) are
statistically significant at the 95% confidence level and
indicate that the largest warming is between 100 and
200 m from the surface, suggesting a deepening of the
mixed layer of about 3–4 m over this period. In particu-
lar, the data suggest a warming rate at 150 m 35% larger
than at the surface (Fig. 16). This causes a reduction of
static stability (measured by N2, where N is the Brunt–
Väisälä frequency) of about 6% at 100 m (not shown).
Note, however, that the location of the maximum
warming below the mixed layer is merely a suggestion
and has yet to be proven, as the noise in the data does
not allow one to reject the null hypothesis of a uniform
warming in the upper 300 m. Previous work reports a
warming rate in the North Atlantic of 0.67 W m�2 for
the period 1955–2005 (Levitus et al. 2005). For com-
parison, consider that in our model the warming corre-
sponding to an increase of PD of 40% (see Fig. 12b),
� � 60 kJ cm�2, if occurring over 50 years, has a rate of
0.38 W m�2. Although the accuracy of the estimate of
ocean warming that occurred over the last few decades
still needs to be evaluated, it nevertheless suggests that
part of the increase in power dissipated by cyclones
(Emanuel 2005) could be related to the increased
mixed layer depth.

It is moreover argued that the deepening of the
mixed layer could be partially driven by the increased
activity of tropical cyclones, which drive stronger and
deeper mixing in the ocean. The passages of tropical
cyclones and their intense winds induce strong vertical
mixing in the upper ocean, followed by a reduction of
sea surface temperature mainly due to entrainment of
cold water from below. Anomalous air–sea heat fluxes
and lateral displacement of water reduce the surface
temperature anomaly within a few weeks, while the
anomalous warming at the base of the mixed layer ow-
ing to the vertical mixing apparently remains in the
tropical region for several months. Our ocean general
circulation model results suggest that one-third of the
warm anomaly in the water column remains in the
tropical ocean for more than one year. The anomalous
warming created by a particularly intense tropical cy-
clone season could thus affect the evolution of tropical
cyclones in the subsequent season.

The feedback between tropical cyclone activity and
upper-ocean heat content has been investigated using a
simple model that shows a strong response in power
dissipated by tropical cyclones to a small modulation of
thermodynamic conditions in the atmosphere and
ocean surface. For cyclones with �(0) � 0.5 it is easy to
observe a three- to fourfold amplification of a PPD
signal in the dissipated power in this model. Such am-
plification is smaller for cyclones that initially have a
larger value of � and is larger for cyclones that initially
have a smaller value of �. It is also shown that the
model has a pitchfork bifurcation and that for certain
parameter values multiple steady states coexist. This
indicates that, in this model, regimes characterized both

FIG. 15. Temperature anomalies, averaged over the western
tropical North Atlantic Ocean at different depths: (a) 50, (b) 150,
and (c) 300 m. The dataset is the one presented in Levitus et al.
(2005). Shades indicate standard deviations; dashed lines are the
linear fits. The null hypothesis of a zero trend can be rejected in
all cases at the 95% confidence level.

FIG. 16. Mean temperature increase in the last 50 years for the
western tropical North Atlantic Ocean. The dataset is the one
presented in Levitus et al. (2005). Note that the maximum warm-
ing is away from the surface, suggesting a deepening of the mixed
layer.
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by vigorous tropical cyclone activity with strong mixing
and large heat content in the upper ocean and weak
tropical cyclone activity with weak mixing and small
upper-ocean heat content can be sustained. The study
has allowed us to estimate the parameter values appro-
priate to our current conditions to be used in this simple
model and has shown that they are fairly close to the
bifurcation conditions.

It is interesting to note that the feedback mechanism
presented here is potentially relevant for the generation
of climate variability. The effect of an intense tropical
cyclone season is a warming of the upper ocean and a
deepening of the mixed layer in the tropical region. A
positive sea surface temperature anomaly in the tropics
is associated with a weakening of the trade winds (e.g.,
Virmani and Weisberg 2006), which affect both the me-
ridional heat transport in the ocean toward higher lati-
tudes (and thus midlatitude temperatures) and Ekman
pumping in the subtropical gyres. Since in these regions
Ekman pumping creates downwelling, eventually the
weakened easterlies drive a shoaling of the ther-
mocline. The presence of two forces that operates in
opposing directions (strong cyclones directly forcing
the mixed layer to deepen and indirectly reducing Ek-
man pumping) is an intriguing possible source of cli-
mate variability: If a delay between the two forces is
present, interannual oscillations would be created.

This study has several limitations. In particular, the
evolution of heat anomalies in the ocean general circu-
lation model has not been studied with the spatial and
temporal intermittency characteristics appropriate for
individual tropical storms. The coarse horizontal reso-
lution that we used allows us to diagnose the displace-
ments of ocean heat anomalies by mean currents and
long-wave dynamics but not to study the evolution of a
localized strong temperature gradient. In particular,
our results might overestimate the warming of the up-
per ocean following the mixing induced by strong winds
because lateral transport of warm surface water into the
region of the surface cooling is inhibited by the adopted
large-scale structure of the initial anomaly. Under those
conditions, sea surface temperature anomalies are
mainly eliminated by anomalous air–sea fluxes, rather
than by redistribution of heat into the ocean. More
refined models are necessary for quantifying the upper-
ocean heat content evolution in a more realistic way, as
the general circulation model that we used does not
resolve mesoscale and submesoscale features that play
an important role in the restratification of the mixed
layer (Boccaletti et al. 2007; Oschlies 2002). Parameter-
izations of such processes into large-scale models are
currently being developed (e.g., Ferrari and McWil-
liams 2007, manuscript submitted to Ocean Modell.).

Moreover, we have not included direct effects on � of
vertical shear of horizontal winds, which is known to
strongly limit intensity of tropical cyclones, but prob-
ably not their variability on long times (Hoyos et al.
2006). Also, sensitivity of tropical cyclone lifetime to
ocean characteristics has not been included. Neverthe-
less, we believe that the presented feedback mechanism
deserves further exploration, both using observational
data of the upper-ocean heat content before and after
the passage of cyclones and by theoretical and numeri-
cal investigation of the evolution of the temperature
profiles in the ocean for long times after the passage of
a tropical cyclone.
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