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ABSTRACT

This work investigates the dynamic and thermal response of the winter stratosphere to the presence of a
weak meridional surface temperature gradient. Previous work suggested that polar stratospheric clouds
could have played a decisive role in maintaining high-latitude warmth, especially over continental interiors,
during the polar nights of the late Paleocene and early Eocene epochs; both a chemical source of additional
water vapor and a dynamical feedback between the surface climate and stratospheric temperatures have
been proposed as mechanisms by which such clouds could form. A principal goal of this work is to
investigate the latter problem using a general circulation model with stratospheric resolution that is forced
with a very weak surface temperature gradient. It is found that temperatures in the lower stratosphere do
not deviate significantly from the control run, which results from a robust flux of wave activity into the
winter stratosphere. The strength of the stratosphere’s residual circulation increases slightly in the presence
of the weak gradient, as wavenumber 3 begins to propagate to stratospheric altitudes. Changes in the zonal
wind field that allow for the altered propagation are in balance with a weakened temperature gradient
through the full depth of the troposphere. These simulations also suggest that the tropospheric thermal
stratification could be maintained by moist convection at all latitudes in warm climate states with a weak
temperature gradient.

1. Introduction

There is ample evidence from fossils and geochemi-
cal proxies that polar temperatures throughout much of
the Phanerozoic eon were mild, particularly during the
Paleocene and Eocene epochs of the early Cenozoic
era1 (e.g., Sluijs et al. 2006; Huber et al. 2000). Con-
temporaneous tropical temperatures were likely
warmer than today (Pearson et al. 2001), but the de-
partures from current values were smaller than at high

latitudes. Taken together, there is persuasive evidence
that a much weaker equator-to-pole temperature gra-
dient existed during these warm climates than is present
today; this climate state has proved puzzling for dy-
namicists, given that the growth rate of the atmospheric
eddies principally responsible for transporting heat
poleward would weaken in the presence of such a gra-
dient (Lindzen and Farrell 1980). High loads of carbon
dioxide (Barron and Washington 1985), strong ocean
heat transport (Barron 1983; Emanuel 2002; Korty et
al. 2007), and polar stratospheric clouds (Sloan et al.
1992; Sloan and Pollard 1998; Kirk-Davidoff et al. 2002)
have all been discussed as components of the warm
climate problem.

Sloan et al. (1992) first proposed that increased con-
centrations of methane from large wetlands during the
early Cenozoic would provide a source for stratospheric
water vapor, allowing optically thick clouds to form in
the polar vortex. Subsequent tests showed that, if these
clouds were ubiquitous and thick enough, their impact
on the surface climate of high latitudes could be sub-
stantial (Sloan and Pollard 1998; Sloan et al. 1999; Pe-
ters and Sloan 2001). Work by Dickens et al. (1997) and

1 The Phanerozoic eon spans the most recent 540 million years
of the earth’s history; the Cenozoic era began 65 million years ago
(Mya), and the Paleocene (65–56 Mya) and Eocene (56–34 Mya)
were the first two epochs of this era.
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Bralower et al. (1997) suggested that methane levels
may have been further elevated at the Late Paleocene
Thermal Maximum (LPTM) (56 Mya) from a sudden
release of methane clathrates.

Kirk-Davidoff et al. (2002) proposed a separate, dy-
namic feedback between the surface meridional tem-
perature gradient and polar stratospheric clouds, which,
if operable, would create conditions favorable for polar
stratospheric clouds whenever the surface temperature
gradient is weak. Their hypothesis is that the weaker
surface gradient would diminish tropospheric wave ac-
tivity and reduce the upward flux of wave activity into
the stratosphere that drives the Brewer–Dobson circu-
lation and warms the polar vortex. One implication of
their hypothesis is that, for any climate in the past or
future in which the surface temperature gradient weak-
ens, there could be a notable response in the winter
stratosphere.

But the details of how the stratospheric circulation
and temperatures should change in the presence of a
weak gradient are not clear, and previous work suggests
the response might not be simple. Rind et al. (1990,
1998) investigated the response of the middle atmo-
sphere to a doubling of carbon dioxide and a concomi-
tant weakening of the surface temperature gradient.
Using a version of the Goddard Institute of Space Stud-
ies (GISS) global climate model extended through
middle atmosphere levels (Rind et al. 1988a,b), they
found that the overturning circulation increased in the
warmer climate with elevated carbon dioxide. While
tropospheric eddy energy decreased in those experi-
ments, energy in the longest planetary-scale waves in-
creased; they attributed this increase to the differing
radiative impacts that higher carbon dioxide loads have
on low and high altitudes. But in a full study of the
Paleocene, which included a weaker temperature gra-
dient, altered and reduced topography, and doubled
carbon dioxide, they found a weaker stratospheric cir-
culation (Rind et al. 2001).

Additionally, as Kirk-Davidoff et al. (2002) note, a
clear link between the surface temperature gradient
and deposition of angular momentum in the strato-
sphere is not obvious, as weaker jets, in thermal wind
balance with the reduced gradient, might allow a
broader spectral range of planetary waves to vertically
propagate (Charney and Drazin 1961). Given the role
that eddies play in maintaining tropospheric stability in
the extratropics in the present climate (Stone 1978;
Schneider 2004, 2007), it is not clear a priori what a very
weak, imposed surface temperature gradient will mean
for higher altitude temperature gradients and jet speeds
when eddy activity is reduced.

There have been many previous efforts to model spe-
cific warm periods; numerous studies focused on the
late Paleocene and early Eocene epochs, which are the
most recent examples of equable climate surface con-
ditions. Studies by O’Connell et al. (1996), Huber and
Sloan (1999, 2000), and Sloan et al. (2001) imposed
various configurations of weak sea surface temperature
(SST) gradients and investigated the atmospheric and
land surface responses. Our work differs from these
earlier studies in that we explicitly resolve the strato-
sphere in order to investigate the dynamic response to
a weak surface temperature gradient. Rind et al. (2001)
applied a middle atmosphere model to examine the
stratospheric response to Paleocene epoch conditions,
but their study included comprehensive changes to the
surface forcing that are specific to that time period.

To understand how the stratosphere relates to the
surface climate across a variety of time scales in which
carbon dioxide, topography, and the surface tempera-
ture gradient have all varied, it is important to examine
how the stratosphere responds to changes in each of
these forcings. Is the dynamic and thermal state of the
winter stratosphere a function of the surface tempera-
ture gradient, particularly in climate states far removed
from the present one? In this paper, we study the re-
sponse to a very weak surface temperature gradient
alone; to investigate this question we use the National
Center for Atmospheric Research’s (NCAR) Commu-
nity Atmosphere Model version 3 (CAM3) but modi-
fied by extending vertical resolution into the meso-
sphere.

2. The Community Atmosphere Model

The standard version of CAM3 has 26 vertical levels,
which extend to an altitude around 3 hPa (approxi-
mately 40 km) (Collins et al. 2006). To separate the
model top from the stratosphere, which is the principal
region of interest in the experiments presented here,
the vertical resolution above 100 hPa has been in-
creased and the model top has been moved into the
middle mesosphere, around 63 km; the new version
contains 40 vertical levels. Additionally, Rayleigh fric-
tion has been added to the levels above 3 hPa to
dampen waves radiating out of the stratosphere. This
reduces the reflection of these waves off of the model
top and gives the energy passing across the stratopause
a sink at high altitudes. These changes closely follow
the techniques of Boville (1986).

The Rayleigh friction term added to the zonal mo-
mentum equation provides a crude parameterization of
the effect of breaking gravity waves in the mesosphere
in addition to reducing the reflection of waves off of the
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top boundary. The frictional damping coefficient is de-
termined by

KR �
2
3 �1 � tanh�z � 63

H ��day�1, �1�

where z is the height in kilometers and H is the scale
height (7.5 km). This form is identical to that used in
Boville (1986), except that the amplitude has been in-
creased by a factor of 2 in order to more accurately
represent jet speeds near the stratopause in simulations
of the present climate (B. Boville 2004, personal com-
munication). Boville (1986) notes that the Rayleigh
friction term should not be regarded as an accurate
representation of mesospheric dynamics, which the
model does not explicitly resolve. The magnitude of KR

that Boville (1986) used was chosen to match the damp-
ing estimated from observations by Smith and Lyjak
(1985) in the mesosphere and to be insignificant in the
stratosphere. The addition of this friction damps the jet
toward zero over time scales of a few days in the lower
mesosphere; below 40 km, the damping is negligible.

For all runs presented here, we used the Eulerian
spectral dynamical core with triangular spectral trunca-
tion at 31 wavenumbers (T31). We made no other
changes to the model code, and the reader is referred to
Collins et al. (2006) for additional detail. The focus of
this paper will be on a comparison of three separate
experiments: a control experiment designed to replicate
the present climate and two others forced with a weak
surface temperature gradient.

As our present focus is on the response to changes in
the surface temperature gradient alone, the runs were
forced with current geography and an imposed monthly
varying sea surface temperature field. Continental sur-
face temperatures are explicitly calculated by the Com-
munity Land Model (CLM3), which is coupled to
CAM3 (Dickinson et al. 2006). The control run was
forced using contemporary SST data;2 in the discussion
that follows, this simulation is called “Present,” as it
models the current atmosphere. The simulations of
warm climates were forced with an idealized, zonally
symmetric sea surface temperature profile.3 For these
runs, sea surface temperatures were

T��, t� � �T cos��

2
sin�� �� � �m�t��

180� ��� �Tm � �T�,

�2�

where � is the latitude in degrees, t is day of the year,
	T is the equator-to-pole temperature difference; �m(t)
is the latitude at which the warmest sea surface tem-
perature, Tm, can be found on day t. The latitude at
which Tm resides oscillates on an annual cycle:

�m�t� �
��n � �s�

2
cos�2�

�t � tn�

365 � �
��n � �s�

2
. �3�

Here �n (�s) is the northern- (southern)most latitude at
which Tm occurs, and tn is the day on which Tm reaches
�n. By setting tn to be noon on 1 August (day 213.5), the
warmest sea surface temperatures will settle near �n

during the Northern Hemisphere summer before mi-
grating south toward �s, reaching it six months later.
Choosing �n to be 8°N, �s to be 2°S, Tm to be 30°C, and
	T to be 10°C, Eqs. (2) and (3) produce an idealized,
warm profile over the entire planet. There is no sea ice
in the warm simulations as the ocean temperatures are
always too warm for it to form; in the simulation of the
present climate, monthly varying sea ice is prescribed
with the default dataset. These choices for �n and �s

closely mimic the present range of Tm (e.g., Lindzen
1990). There is no reason to expect these to remain
fixed through geological time, but the small value of 	T
strongly limits the variability of temperatures in both
space and time. Temperatures in the Tropics are con-
fined to 28°–30°C, while high-latitude ocean tempera-
tures are never colder than 20°C year-round.

A comparison between the contemporary gradient
used in Present and the one used for our two warm
climate experiments is shown in Fig. 1. The figure
shows the annually and zonally averaged SSTs from
the standard version of the model (Present) and the
one imposed in our two warm climate simulations
[“weak temperature gradient” (WTG) and “radiation”
(RAD)], which was calculated by Eqs. (2) and (3); the
interannual variability of the zonally averaged SSTs are
shaded around both curves. For the warm climate simu-
lations, the low pole-to-equator temperature difference
confines temperatures at each model point to vary little
over the course of the year. This temperature profile
produces a meridional gradient that is more gradual
than that supported by proxy data, but we favor it for
several reasons. First, the most striking qualitative fea-
tures of warm climates are captured: tropical tempera-
tures are only slightly warmer than the values observed
today, while high-latitude temperatures are kept mild
enough to inhibit sea ice. The choice of 10°C for 	T

2 We used the standard file for stand-alone integrations of
CAM3. As discussed in Collins et al. (2006), this SST dataset is a
blended product combining the global Hadley Centre Sea Ice and
SST (HadISST) dataset (Rayner et al. 2003) and the Reynolds et
al. (2002) dataset.

3 For comparison, we forced a second simulation of the current
climate with a zonally averaged version of the contemporary
dataset; qualitatively, there were no differences in the strato-
sphere between this run and Present.
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produces a SST gradient that is quite weak, and the
temperature gradient has likely been stronger than this
throughout the Cenozoic era.4 Our point is not to simu-
late conditions from the Eocene or any other time pe-
riod directly. This study focuses on mechanisms, and we
therefore choose a very weak temperature gradient in
order to test the limits of the proposed dynamic feed-
back. If a temperature gradient this weak does not force
the stratosphere to a colder state conducive to large-
scale polar stratospheric cloud formation, a dynamic
response to the surface temperature gradient alone is
unlikely to have led it to such a state at any point when
a more moderate gradient existed.

We present two simulations using the same weak
temperature gradient, but they differ in the concentra-
tions of key longwave absorbers. One experiment re-
tains the present concentrations of carbon dioxide (355
ppm) and methane (1.714 ppm) while using the weak
surface temperature gradient specified by Eqs. (2) and
(3); we call this simulation “Weak Temperature Gradi-
ent.” The second warm climate experiment elevates
carbon dioxide to 1500 ppm and methane to 10 ppm
while using the weak temperature gradient shown in
Fig. 1, and we refer to it as “Radiation.” No other
changes were made: the topography and location of the

continents is constant and ozone concentrations are
specified for the present climate.5 Our presentation will
focus on the contrast between WTG and RAD and the
control run, Present, to assess how changes in the sur-
face temperature gradient affect the winter strato-
sphere. Because we impose SSTs, the model does not
require many years of integration to reach a steady
state. We integrated each of our experiments for 20
model years; the results presented in this paper are
from averages over the last 5 years of data.6

3. Thermodynamic structure of the polar
stratosphere

Given the limited concentrations of water vapor
present in the polar stratosphere, clouds at these alti-
tudes are restricted in size and thickness, particularly in
the Arctic owing to milder mean temperatures. To see
why large-scale clouds are not possible in the Arctic
vortex in the present climate, consider the observa-
tional data in Fig. 2a. Zonal and time-mean tempera-
tures from Rees et al. (1990) are plotted along the dot-
ted curve.7 These may drop to 200 K in the Arctic vor-
tex in the middle stratosphere, but this is far warmer
than the temperatures required for condensation of a
parcel of air containing 5 ppmv, the ambient concen-
tration of water in the polar stratosphere (e.g., Rems-
berg et al. 1984; Kent et al. 1986; MacKenzie et al. 1995)
(The temperatures and pressures at which a parcel of
air containing 5 ppmv of water vapor will be saturated
are shaded in dark gray). Thus, clouds in the present
stratosphere are confined to the smaller regions and
times when temperatures fall to the frost point.8 The
frost point temperature Tf is the temperature at which
ice saturation occurs:

e#�Tf� � e, �4�

4 Recent estimates from the Arctic Ocean suggest high-latitude
temperatures at the Late Paleocene Thermal Maximum may have
been as high as 23°C, with values as warm as 18°C common during
the Paleocene and Eocene epochs (Sluijs et al. 2006; Moran et al.
2006). Combined with tropical estimates from Pearson et al.
(2001), these latest reconstructions would suggest the pole-to-
equator temperature gradient was likely about 15°C during the
early Cenozoic.

5 We used the default ozone concentrations for CAM3; they
vary with latitude, season, and altitude.

6 Dickinson et al. (2006) analyzed output starting with the 11th
year of an integration of CAM3 and CLM3 when climatological
SSTs were imposed. We are interested in the mean climate state
of each simulation and average over five years of data; a longer
integration would be required for an examination of year-to-year
variability.

7 These data were compiled in 1986, and temperatures have
decreased in the stratosphere over the past few decades. Thomp-
son and Solomon (2005) found that Northern Hemisphere extra-
tropical stratospheric temperatures have cooled at the rate of
about 0.6 K decade�1 since 1979.

8 The frost point serves as the threshold temperature for Type
II clouds in the stratosphere, which are composed of ice crystals.
Type I clouds, which are composed of a nitric acid–water com-
pound, can form at temperatures about 3–4 K warmer than the
frost point (e.g., Carslaw et al. 1994).

FIG. 1. Zonal- and annual-mean SSTs prescribed in the simula-
tions. The gray bands show the temporal range of the zonal mean
SST.
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where e is the partial pressure of water (vapor pres-
sure), and e#, the saturation vapor pressure over ice, is
defined empirically (e.g., Emanuel 1994, p. 120):

lne# � 23.33086 �
6111.72784

T
� 0.15215 lnT, �5�

where the unit of T is in kelvin. The amount of water
vapor a parcel of air can hold is additionally a function
of pressure. The saturation specific humidity over ice q#

is defined (e.g., Emanuel 1994, p. 108)

q# �
��

#

�d � ��
# �

�e#

p � e#�1 � ��
, �6�

where 
� is the density of water vapor, 
d is the density
of dry air, � is the ratio of the molecular weight of water
to the mean molecular weight of dry air (this is equiva-
lently the ratio of the weighted mean gas constant for
dry air to the gas constant of water vapor, Rd /R� 
0.622), and the pound superscripts (#) denote satura-
tion over ice. The saturation vapor curves from Eq. (6)
are plotted in Fig. 2 and labeled with concentrations in
parts by volume.9

Temperatures must cool 15–20 K, local water vapor

concentrations must rise by a factor of 10 to 15, or some
combination of both must occur in order for wide-
spread polar stratospheric cloud formation to occur in
the present Arctic. By contrast, temperatures in the
Antarctic are substantially colder; Fig. 2b shows the
zonal-mean temperatures for June–August at 80°S.
These data (Rees et al. 1990) lie near the threshold for
condensation of a parcel of air with 5 ppmv water va-
por, and polar stratospheric clouds are far more com-
mon in the Antarctic winter than in the Northern
Hemisphere. Still, observations from the field cam-
paigns in the Antarctic show that reaching the local
frost point of water on the synoptic scale does not guar-
antee that any clouds will be thick enough to affect the
surface climate (e.g., Rosenfield 1992, 1993). But, if
clouds were ubiquitous during warm climates, such as
those tested by Sloan and Pollard (1998), a minimum
thermodynamic requirement is that large-scale tem-
peratures remain at or below the frost point for the
duration of the polar night.

4. Stratospheric results

Figure 2a includes model predicted zonal-mean tem-
peratures for the winter months at 80°N as well. The
heavy, solid curve is the simulation of the present cli-
mate using CAM3; it attempts to replicate the obser-
vational data (dotted). Note that there is a cold bias in
the lower stratosphere of the model, which has oc-
curred in all versions of CAM in this region of the
atmosphere. The curves from the two simulations with

9 The form of Eq. (6) gives values for q# as a mass ratio. To
convert to the parts by volume plotted in Fig. 2, one must multiply
by the ratio of the weighted mean molecular mass of the parcel to
the molecular mass of water vapor. At these low concentrations of
water, the parcel is effectively dry, and the mean molecular mass
of the parcel is very nearly the molecular mass of dry air.

FIG. 2. Zonally and seasonally averaged T (a) at 80°N from observations (dotted) and from averages over the
last five years of Present (solid), WTG (dashed), and RAD (dashed–dotted). Saturation vapor curves are plotted
with thin black lines and are labeled with the maximum amount of vapor (parts by volume) a parcel at that T and
p can hold. An air parcel containing 5-ppmv water vapor will be saturated at temperatures and pressures shaded
in dark gray; a parcel containing 20 ppmv will be saturated also in areas shaded in light gray. (b) As in (a) but at
80°S during the Southern Hemisphere winter.
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a weak surface temperature gradient are plotted as
well; all three simulations keep average temperatures
above the frost point. The coldest temperatures occur
in the simulation RAD in which high loads of carbon
dioxide cause a substantial longwave cooling to space in
the middle and upper stratosphere. At these low pres-
sures, however, temperatures would have to be colder
still before reaching the frost point. WTG, which has a
weaker surface temperature gradient but is otherwise
identical to Present, shows little departure from the
simulation of the present climate.

The dark gray area on the left side of the plot rep-
resents those temperatures and pressures at which a
parcel of air containing 5 ppmv water vapor will be
saturated. If methane were higher in warm climates,
there might be an increase in the stratospheric concen-
tration of water vapor owing to this chemical source.
Schmidt and Shindell (2003) examined this problem
and found that a tenfold increase in methane would
triple the stratospheric concentrations of water vapor.10

Should this chemical source be combined with a rise in
the temperature of the tropical tropopause, ambient
water vapor concentrations in the winter stratosphere
could be higher in warm climates. But a threefold in-
crease in water vapor from methane oxidation (Schmidt
and Shindell 2003) and a warming of 5 K at the cold
trap in the equatorial lower stratosphere would in-
crease ambient stratospheric water vapor concentra-
tions only modestly. For reference, the expanded range
of temperatures and pressures that would be saturated
if water vapor concentrations rose to 20 ppmv in the
winter stratosphere are highlighted in light gray in Fig.
2. Note that even a fourfold increase in water vapor
concentrations is insufficient to bring the frost point up
to average temperatures in the Northern Hemisphere
winter stratosphere. Of course, ambient concentrations
for the winter stratosphere from the deep geologic past
are unknown, but we include these estimates for refer-
ence.

The most surprising aspect of these soundings is their
similarity in spite of such a significant change in the
surface gradient. Had dynamical warming of the polar
vortex significantly decreased in the climates with a
weak surface gradient, temperatures there would cool
toward radiative equilibrium. In fact, mean tempera-
tures in the lowermost polar stratosphere showed a

slight increase from the simulation of the present cli-
mate.

Simulated winter temperatures in the Antarctic,
which are shown in Fig. 2b, also show little change as a
result of a weaker surface temperature gradient. The
predicted temperature for Present is again colder than
observations, but the simulations with weak surface
temperature gradients predict temperatures will not be
colder below 20 hPa. The impact of longwave cooling to
space is clearly evident in RAD at high altitudes, as
temperatures in the upper stratosphere are substan-
tially lower than in the two other simulations (with
present-day concentrations of carbon dioxide).

A comparison of the two hemispheres offers a nice
example of the role of dynamics in setting large-scale
temperatures in the winter stratosphere. Observational
studies suggest that the residual circulation in the
Southern Hemisphere is weaker than in the Northern
Hemisphere, most likely owing to the fact that there is
less planetary-scale wave generation [landmasses and
topographic features are biased to the north of the
equator, and this strongly affects planetary-wave for-
mation; e.g., see Held and Hoskins (1985)]. In light of
this, it is not surprising that Antarctic stratospheric win-
ter temperatures change so little with a different sur-
face gradient; the dynamical heating of the Antarctic
vortex is already comparatively small.

A central question arises from the model results
shown in Fig. 2: why, in spite of such strong differences
in surface forcing, do temperatures show so much simi-
larity across the simulations? We first present a closer
look at the temperature and zonal wind structure of
these simulations and then investigate the wave activity
and residual circulations. As we shall see, the changes
in the thermal stratification of the troposphere are cru-
cial to keeping temperatures in the stratosphere similar
across these simulations.

a. Zonal wind field

Because the direction and strength of the zonal winds
govern the vertical propagation of planetary-scale
waves into the stratosphere (Charney and Drazin
1961), we now examine the zonally symmetric, sea-
sonal-mean state of these winds in the stratosphere.
Figure 3a shows the zonal-mean zonal wind averaged
over the last five Decembers, Januaries, and Februaries
between the surface and 1 hPa for the Present simula-
tion. As in the real atmosphere, there are two strato-
spheric jets: one easterly in the summer hemisphere
and the other westerly in the winter one (westerly
winds are shaded in gray). Note that the strong westerly
winds in the winter hemisphere form the wall to the
Arctic vortex. Winds increase with altitude (thermal

10 But this finding depends somewhat on the concentrations of
the hydroxyl radical, OH, which combines with methane to pro-
duce water. No information about its concentrations from the
deep geologic past is available, and Schmidt and Shindell (2003)
assumed its concentrations were equal to preindustrial levels.
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wind balance requires �z u � ��yT) and reach a maxi-
mum at the stratopause. The middle-latitude tropo-
spheric jets are westerly in both hemispheres and reach
a maximum amplitude at the tropopause, between 200
and 250 hPa.

The zonal-mean zonal winds for December–Febru-

ary from the WTG simulation are plotted in Fig. 3c.
The stratospheric easterlies are stronger in WTG than
in Present, but the stratospheric westerlies (shaded in
gray) in the winter hemisphere are substantially weaker
in the lower stratosphere. This is a critical point because
the strength of the westerly jet determines what wave-

FIG. 3. (a) Zonal-mean zonal wind averaged over the last five Decembers, Januaries, and Februaries of Present;
westerly winds are shaded. (b) F̂ (arrows) and 	 (shaded contours) in the Northern Hemisphere stratosphere of
Present; units of 	 are 1015 m3. As in (a), (b) but for (c), (d) WTG and (e), (f) RAD.

1 NOVEMBER 2007 K O R T Y A N D E M A N U E L 5219



numbers can propagate into the stratosphere (Charney
and Drazin 1961). The meridional temperature gradi-
ent in middle and high latitudes of the winter hemi-
sphere at 100 hPa is less steep in WTG, primarily owing
to a substantial increase in Arctic temperatures at this
level. In section 5, we shall present some evidence that
this warming results from a rise in the height of the
extratropical tropopause in middle and high latitudes,
thus lessening the planetary gradient of tropopause
height and causing winds in the lower stratosphere to
weaken in thermal wind balance.

WTG temperatures (not shown) in balance with this
wind field are similar to those in Present through much
of the stratosphere, but near and just above the tropical
tropopause they are 2–6 K warmer in the WTG simu-
lation than in Present. While Kirk-Davidoff et al.
(2002) expected such a change owing to a weaker re-
sidual circulation (and less dynamical cooling of the
tropical stratosphere), such a mechanism should also
cool the middle- and high-latitude stratosphere, where
the residual circulation downwells. There is no change
in middle-latitude stratospheric temperatures, and they
are several degrees warmer in the lower stratosphere.

The tropical tropopause warming may be caused by
another mechanism here. While tropical surface tem-
peratures do not change much between WTG and
Present, they are nearly 30°C in the WTG simulation
and are nearer to 27°C in the zonal mean in the Present
(see Fig. 1). If the temperature profile in the tropical
stratosphere is fixed by radiation (aside from water va-
por, the concentrations of important radiative gasses
are the same between these two simulations), then the
surface temperature and tropospheric lapse rate deter-
mine the height and temperature of the tropopause
(Held 1982; Thuburn and Craig 1997; Schneider 2004).
Convection in the Tropics confines the tropospheric
lapse rate to closely follow a moist adiabat; this keeps
the tropical troposphere neutral to moist convection
(Xu and Emanuel 1989). The combination of a higher
surface temperature and a lapse rate confined to a
moist adiabat requires that the tropopause be higher in
the Tropics, as the intersection with a fixed strato-
spheric profile will occur at a warmer and higher point.
This is an oversimplification of what sets the height of
the tropical tropopause, but it illustrates to first order
that a small rise in upper-tropospheric temperatures
follows directly from a warmer surface temperature in
the Tropics.11

In the RAD simulation, temperatures (not shown)

are much colder throughout the bulk of the strato-
sphere. Temperatures near the stratopause are as much
as 25–30 K cooler in RAD than in Present (or in WTG);
this is owing to the radiative cooling from increased
concentrations of carbon dioxide, methane, and water
vapor at high altitudes. Stratospheric longwave cooling
to space increases with higher concentrations of carbon
dioxide (e.g., Hartmann 1994). Temperatures are again
a couple degrees warmer than in Present in the tropical
lower stratosphere and in the Arctic lower strato-
sphere, but a reduction in the strength of the residual
circulation should cause a warming of the tropical
stratosphere along with a cooling of the Arctic. This
pattern was not observed here. The zonal-mean zonal
winds from RAD are shown in Fig. 3e. Like WTG, the
westerly jet is weaker through much of the stratosphere
than in Present, and this has implications for what
wavenumbers are able to propagate into the strato-
sphere.

b. Dynamics

To understand the physics behind the thermal state
of the winter stratosphere, we now examine the dynam-
ics that force the stratosphere in each of these simula-
tions. The set of transformed Eulerian mean equations
(Andrews and McIntyre 1976) contain a single term
that represents the eddy forcing of the stratosphere:

1
�

� · F � ��*q*�, �7�

where F is the Eliassen–Palm flux (Eliassen and Palm
1961), q is the potential vorticity, asterisks denote de-
partures from a zonal average, and square brackets in-
dicate a zonal average. To graph this data in the lati-
tude–pressure (�, p) plane, the procedures of Edmon et
al. (1980) are followed. In place of � · F, the divergence
weighted by the mass of an annular ring d� dp is used.
Thus, we calculate a modified version of F, denoted by
a caret ( ·̂), using pressure as the vertical coordinate on
a sphere:

F̂ � �F�̂, Fp̂� �
2�a3 cos2�

g ��
1
a

�u*�*�,
f ��*	*�

S �, �8�

where � is latitude, a is the radius of the earth, f is the
Coriolis parameter, and S is d�/dp (Edmon et al. 1980).
The form of the divergence of F used for contouring is

� �

F�̂


�
�


Fp̂


p
. �9�

Equations (8) and (9) were calculated for each simula-
tion, using data from the last five Decembers, Januar-
ies, and Februaries of each.

11 The divergence of moist adiabats at lower pressures also
means tropical temperature in the upper troposphere will warm
by a larger magnitude than at the surface.
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Figure 3b shows F̂ and 	 for Present. The arrows
show an upward propagation of eddy activity in the
middle latitudes of the winter hemisphere that turns
poleward in the upper stratosphere. Here it converges
(indicated by the negative, shaded contours), and � · F
acts as a body force on the winter stratosphere. The
waves deposit angular momentum, damping the jet and
driving a flow poleward in the upper stratosphere, in
balance with the Coriolis torque. This poleward flow is
connected to vertical flow by mass continuity: the flow
is upward in the Tropics and downward at high lati-
tudes.

Figure 3d shows F̂ and 	 for the WTG simulation.
The convergence of wave activity in the upper strato-
sphere is larger than in Present, which shows that the
force driving the residual circulation has increased in
intensity. Indeed, the flux of F across the 100-hPa sur-
face is larger in this case than in the Present simulation.
It is larger in the upper troposphere as well, becoming
equal between 400 and 500 hPa. Below this level, F is
larger in the Present case; we shall examine these struc-
tures more closely in section 4c.

One clear difference between the Present and WTG
cases is the decrease in upper-tropospheric and lower-
stratospheric zonal winds in the WTG experiment; this
has consequences for the spectral range of waves ver-
tically propagating to high altitudes. The amplitudes of
the first six stationary waves have all decreased in the
lower troposphere, particularly in some of the synoptic-
scale waves (not shown); yet the vertical component of
F increases at all pressure levels above 400 hPa. This
indicates that, although wave activity in the lower tro-
posphere has decreased on the whole, the fraction of
wave activity that is propagating vertically into the up-
per troposphere and lower stratosphere has increased.
Rind et al. (1990) found a similar result in a middle
atmosphere model forced with higher concentrations of
carbon dioxide and a sea surface temperature gradient
slightly weaker than that of our present climate.

In the RAD simulation, which contains both a weak
temperature gradient and large concentrations of car-
bon dioxide and methane, the Eliassen–Palm flux is
stronger still. Figure 3f shows the large convergence of
wave activity in the middle and upper winter strato-
sphere. As in the WTG case, the flux of F across all
pressure surfaces above 400 hPa increases in the winter
hemisphere, even though the tropospheric energy de-
creases slightly.

Figure 4 shows the amplitude of the three longest
stationary waves in the stratosphere (these were calcu-
lated from a time mean of the last five Decembers,
Januaries, and Februaries). The amplitudes are greatest
for the longest waves, in agreement with the predictions

of Charney and Drazin (1961). In Present (Figs. 4a,c,e),
there is a strong presence of the two longest planetary
waves, but wavenumber 3 is evanescent. Observations
of the winter stratosphere (e.g., Andrews et al. 1987)
are quite similar, with wavenumber 3 and shorter waves
absent. These shorter waves are largely prohibited from
vertically propagating into the stratosphere by the
strong winds in the tropospheric jet; the winds in the
lower stratosphere are also too strong to allow for
propagation of these short waves.

The amplitudes of the first three stationary waves for
the boreal winter of the RAD simulation are shown in
Figs. 4b, 4d, and 4f. (The amplitudes from WTG are
quite similar to RAD, albeit with a smaller amplitude
of wavenumber 1.) Compared to Present, there is little
change in the amplitude of wavenumber 1, but there is
an increase in the intensity of wavenumber 2. Wave-
number 3 has a closed maximum at stratospheric alti-
tudes, whereas it was evanescent in the Present case. In
both the WTG and RAD simulations, there is a new
wave present in the winter stratosphere. This suggests
that a shorter wave, which was absent in Present, is
vertically propagating into the stratosphere in the WTG
and RAD cases, contributing to the increased forcing
by � · F.

A few additional points are worth noting here. First,
as seen in Fig. 5, the downwelling branch of the residual
circulation is strongest in middle latitudes, especially in
the Present simulation. This is especially true above 40
hPa where the circulation is actually closing off aloft;
this difficulty has been observed in other models of the
middle atmosphere, as the flow closes in the arbitrary
frictional layer at the model top rather than at the
ground (Semeniuk and Shepherd 2001). The simulated
winter polar stratosphere has long been too cold in
middle atmosphere models, and it is possible that poor
resolution of the residual circulation is partially respon-
sible, given the maturity of current radiative codes.

Second, some of the streamlines that do reach the
lower stratosphere in the highest latitudes must have
traveled above 2 hPa, a region in which the Rayleigh
friction was imposed. To see how large an influence the
amplitude of the Rayleigh friction can have on these
results, we repeated the RAD experiment but cut the
amplitude of the Rayleigh friction by a factor of 2. Tem-
peratures were less than 1°C different up to 40 hPa and
within 4°C up to 15 hPa. The jet speeds differed by less
than 2 m s�1 below 15 hPa, while the maximum near
the stratopause increased 10–15 m s�1 when the Ray-
leigh friction was reduced. While the effect on the tem-
peratures in the lower and middle polar stratosphere
appears small, this does underscore that gravity wave
breaking in the mesosphere has an impact on tempera-

1 NOVEMBER 2007 K O R T Y A N D E M A N U E L 5221



tures in the polar vortex, and changes to surface topog-
raphy and the stratification and mean wind structure of
the middle atmosphere may yet influence how the polar
stratosphere evolved at particular periods during the
geologic past.

Because the intensity of the residual circulation in-
creased in both of the simulations with a weak surface
temperature gradient, the temperatures in the middle-
and high-latitude stratosphere did not cool toward their
radiative equilibrium values. Indeed the remarkable

FIG. 4. Amplitude of wavenumber 1 (normalized by �p/po to compensate for increasing amplitudes with
decreasing density) in (a) Present and (b) RAD computed from data averaged over the last five Decembers,
Januaries, and Februaries; units are in m. As in (a), (b) but for (c), (d) wavenumber 2 and (e), (f) wavenumber 3.
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similarity in the zonal-mean time-mean soundings
shown in Fig. 2 seems consistent with the intensity of
the dynamic forcing. In the next section, we examine
the propagation of these waves through the tropo-
sphere and consider the energy characteristics of the
simulations.

c. Wave propagation and energy

We calculated a complete energy budget for the full
atmosphere and, separately, for the stratosphere
(bounded below by the 100-hPa surface). The kinetic
and potential energies in the mean flow, transient ed-
dies, and stationary eddies decreased substantially in
the simulations with a weak temperature gradient; the
decrease was most precipitous in the troposphere and
in the mean flow and transient eddies. This was true of
the annual averages as well as the seasonal extremes,
which Rind et al. (1990, 1998) also reported. The strato-
sphere has a much smaller amount of energy, but it also
occupies only 10% of the atmospheric mass. Unlike the
full atmosphere, there is no period during which con-
version from available potential energy to kinetic en-
ergy can offset frictional dissipation (Dopplick 1971).
Boundary terms on the 100-hPa pressure surface, which
we take to be the lower bound of the stratosphere,
account for the transfer of energy from the troposphere
below to the stratosphere above. The boundary terms
dominate the energy budget of the stratosphere: rather
than being internally generated, energy is transported
from the lower atmosphere (Charney and Drazin 1961;
Charney and Pedlosky 1963; Oort 1964; Muench 1965;
Dopplick 1971).

While the energetics of the full atmosphere decrease

by a sizable fraction in the WTG and RAD simulations,
the decrease in the stratosphere is comparatively small.
Most forms of energy decrease above 100 hPa, but the
kinetic and available potential stationary eddy energy
actually grow. While the entire atmosphere has become
less energetic, the stratosphere has decreased by a
much smaller fraction. The stratosphere is selective in
what it accepts from the troposphere; only the longest
planetary waves are able to propagate vertically (Char-
ney and Drazin 1961). The addition of wavenumber 3,
illustrated in Fig. 4f, coupled with the similar amplitude
of wavenumbers 1 and 2, has kept the energy of the
stratosphere high and the residual circulation strong.

Energy is not Galilean invariant, of course, and this
can lead to a misleading picture. What matters for the
stratosphere is the wave activity admitted from the tro-
posphere, which will ultimately drive the residual cir-
culation by breaking and depositing angular momen-
tum in the upper stratosphere. The decreases in energy
say nothing about the wave propagation. The boundary
terms at the 100-hPa surface continue to dominate the
energy cycle of the stratosphere in the warm climate
runs, although they too have decreased from Present.
This is a consequence of the decrease in the zonal mean
wind. Eliassen and Palm (1961) showed that the up-
ward flux of wave energy is equal to the product of the
vertical component of the Eliassen–Palm flux and the
zonal wind. As we shall see below, the vertical compo-
nent of the Eliassen–Palm flux across 100 hPa increases
in the warm climates, but the zonal-mean zonal wind
dropped by about a factor of 2 (see Figs. 3c,e); thus, the
decrease in the boundary energy terms does not reflect
a change in wave activity.

FIG. 5. The residual mean circulation in the stratosphere for (a) Present and (b) RAD. The flow circulates
clockwise around negative contours. Contours are plotted and labeled every 109 kg s�1.
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In Fig. 6, the isobaric mean values of the vertical and
horizontal components of the extratropical Northern
Hemisphere Eliassen–Palm flux F are shown for the
three simulations. These averages, denoted by angle
brackets, were calculated on each pressure surface over
a polar cap bounded by 30°N. Note that the vertical
component Fp (Fig. 6a) has been multiplied by �1 so
that positive values correspond to an upward flux (to-
ward decreasing pressure). The vertical component was
also normalized by po/p in order to retain resolution at
higher altitudes in the figure.

The vertical component, which is proportional to the
eddy flux of heat, is larger in the lower troposphere in
the Present simulation than in the two warmer climate
ones. This is consistent with stronger eddies and more
generation in the present climate and a decrease in
eddy energy during warm climates. By the middle tro-
posphere, however, F acquires an equatorward tilt in
the Present simulation as the strong tropospheric jet
deflects eddy energy equatorward. In contrast, the ver-
tical component of F in the warm climate states remains
strong through the upper troposphere. This suggests
that the weaker tropospheric jet in the warm climates,
which is in balance with a weak meridional temperature
gradient, permits more eddies to pass into the lower
stratosphere in spite of the fact that fewer are gener-
ated in the lower troposphere.12 This is consistent with
the strong forcing of the residual mean circulation pre-
sented in the previous section.

5. Tropospheric thermal stratification

Underlying the similarities of the stratospheric struc-
ture and dynamics are rather interesting changes in the
stratification of the troposphere. The weak tempera-
ture gradient imposed at the surface has also forced
weak gradients throughout the depth of the tropo-
sphere, which are responsible for the decrease in the
zonal winds. There is some indication that the physics
governing extratropical stratification is different be-
tween WTG and RAD and Present. Soundings from
three model points are shown in Fig. 7;13 these data
were averaged over the last five Decembers, Januaries,
and Februaries from Present (Fig. 7a) and RAD (Fig.
7b). The dotted curves are moist adiabats, which have
constant values of saturation equivalent potential tem-
perature �*e (Emanuel 1994). As representative of
soundings from the Tropics, note that the sounding
from Hawaii in Present features tropospheric tempera-
tures confined to a moist adiabat throughout the depth
of the troposphere, underscoring the importance of
moist convection to setting the thermal stratification at
these latitudes (Xu and Emanuel 1989). This physics
appears unaltered in the simulations featuring weak
temperature gradients.

By contrast, soundings from middle and high lati-
tudes feature vertical profiles decidedly stable to verti-
cal moist convection in the present climate (Stone and

12 Note also that F acquires an equatorward tilt at a higher
altitude in the upper troposphere of the warm climate states, con-
sistent with a higher jet and extratropical tropopause.

13 The actual model point for Hawaii is located at 20.4°N,
157.5°W; the actual model point in central North America is at
46.4°N, 101.2°W, which is in present-day North Dakota. The
sounding from the North Pole was computed by taking a zonal
average around 87.2°N, the northernmost latitude in the model.

FIG. 6. Isobaric mean values of (a) the vertical component of F (normalized by �po/p) and (b) the horizontal
component over the Northern Hemisphere polar cap bounded by 30°N. Positive values in (a) indicate an upward
flux.
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Carlson 1979; Schneider 2007), and the model-
predicted soundings at the North Pole and over the
North American continent are consistent with these ob-
servations. The sounding from the North Pole in
Present (Fig. 7a) features a low-level inversion, which is
a common feature of winter Arctic soundings. One of
the most interesting features of the simulations forced
with a weak surface temperature gradient is that the
vertical soundings at these latitudes become confined to
a moist adiabat all the way to the poles. As seen in Fig.
7b, this is true over the continents as well, where tem-
peratures were not specified explicitly, and remains
true through all seasons. (This is true of WTG, too.)
This suggests that, as the eddies have weakened, con-
vection establishes the extratropical thermal stratifica-
tion. Schneider and Walker (2006) have found a similar
transition in a simplified general circulation model. Hu-
ber and Sloan (1999) also found that deep convection
increased at high latitudes in simulations of the LPTM.

It appears that convection is dominating the tropo-
spheric stratification at all latitudes and in all seasons in
these warm climate simulations. To some extent, this is
not surprising as the eddies are weak and the imposed
surface temperatures are warm and convectively un-
stable. But the nearly ubiquitous convective adjustment
raises an interesting question: could moist convection
or slantwise moist convection set the tropospheric
stratification during warm climates? If so, the conse-
quences for the atmospheric heat flux are interesting.
Though it is hard to imagine that convection itself could
ever control the meridional heat flux, it could strongly
affect the eddies that do so through its control on the
tropospheric stratification.

6. Conclusions

Our results suggest that a dynamic feedback between
the surface climate and the winter stratosphere may be
complicated by changes in tropopause height, tropo-
spheric thermal stratification, and concomitant changes
in the zonal wind field. Of course the stratosphere dur-
ing a particular time period (such as Paleocene or
Eocene epochs) may have differed significantly from
the simulations that we presented here because of
changes to topography, continental location, the chemi-
cal composition of the atmosphere, or some combina-
tion of factors; our purpose was merely to investigate
how easily the stratosphere might reach a state more
conducive to the formation of polar stratospheric clouds
in response to a weakening of the surface temperature
gradient alone. The physics controlling stratification
may produce a significant obstacle.

We have found that winter stratospheric tempera-
tures do not change significantly when the surface tem-
perature gradient is greatly weakened. This surprising
result comes from an increase in the vertical component
of the Eliassen–Palm flux in the upper troposphere and
lower stratosphere as the westerly jets weaken. The
vertical flux of wave activity increases in spite of the
fact that the generation of eddies in the lower atmo-
sphere decreases when the surface temperature gradi-
ent weakens. The vertical flux of wave activity dampens
the stratospheric jet, forces a strong residual circula-
tion, and holds winter stratospheric temperatures
nearly constant across these simulations. This robust
vertical propagation is made possible because the weak
temperature gradient imposed at the surface forced a
weaker meridional gradient throughout the full depth

FIG. 7. Modeled December–February soundings from a point in the Tropics (solid), the North Pole (dashed), and
the North American Great Plains (dashed–dotted) from (a) Present and (b) RAD. The dotted curves are moist
adiabats.
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of the troposphere, which requires a concomitant weak-
ening of the westerly jets in thermal wind balance.
Winds in the lower stratosphere also weaken in the
winter hemisphere, which allowed for the vertical
propagation of wavenumber 3.

If the thermal stratification is maintained by convec-
tion at all latitudes during warm climates with weak
surface temperature gradients, the balanced zonal wind
field will be weaker than today. Our results should
therefore be reproducible in other general circulation
models whenever a transition to a convectively con-
trolled extratropical thermal stratification occurs.
Schneider and Walker (2006) have found such a tran-
sition in an idealized general circulation model when
surface temperature gradients and eddy activity
weaken.

While our results indicate that changes in the surface
temperature gradient alone may be insufficient to alter
winter stratospheric temperatures, specific time periods
may have offered other routes to a colder polar strato-
sphere. The stratospheric residual circulation weak-
ened in the Paleocene study conducted by Rind et al.
(2001), and our findings suggest that the reduced to-
pography and altered continental locations, rather than
the weak SST gradient, were likely important factors in
producing this behavior. A thorough investigation of
changes in the generation of planetary-scale wave ac-
tivity owing to the reduced topography of the Eocene
and Paleocene epochs is beyond the scope of our paper,
but some insight can be gained by comparing the two
hemispheres in Fig. 2. The Southern Hemisphere today
has far less land and topography than does the North-
ern Hemisphere, and temperatures are colder in the

Antarctic polar vortex than in the Arctic one. As a
result, the overturning circulation is weaker and tem-
peratures are colder in the Southern Hemisphere win-
ter. Still, observational studies of polar stratospheric
clouds (Rosenfield 1992, 1993) show that such clouds
have little impact on surface temperatures today, and
thicker clouds would require a large increase in strato-
spheric water vapor concentrations, which in turn
would increase absorption of longwave radiation and
affect temperatures in their environment. Further study
is required to assess whether optically thick clouds are
thermodynamically viable in the stratosphere.

The early Cenozoic climates still pose the question of
how the atmosphere could sustain a flux of enthalpy to
the highest latitudes in the presence of a weak surface
temperature gradient. We show the December–Febru-
ary average eddy heat transports of sensible and latent
heat in Fig. 8. The WTG simulation has a sizable re-
duction in the transport of sensible heat by transient
eddies; transport by stationary eddies has not dimin-
ished in WTG, which is consistent with the constancy of
the stratospheric forcing observed earlier in the paper.
Transport of latent heat by transient eddies has dimin-
ished substantially in the presence of a weakened tem-
perature gradient. Caballero and Langen (2005) found
that the latent heat flux was dependent on the strength
of the surface temperature gradient (and largely inde-
pendent of the mean temperature) during warm cli-
mates in an idealized general circulation model. Pierre-
humbert (2002) found that, while the latent heat flux
grew in a coupled simulation of the Eocene, which pro-
duced hot tropical temperatures, its magnitude was in-
sufficient to strongly affect the temperature gradient. It

FIG. 8. The transport of (a) sensible heat and (b) latent heat by transient (black) and stationary (gray) eddies in
December–February in Present (solid) and WTG (dashed).
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is intriguing to wonder if there is an optimal meridional
entropy gradient at which the latent heat flux reaches a
maximum value.

Other proposals include a climate state with an equa-
tor-to-pole Hadley cell (Farrell 1990). Such a state
might be maintained if momentum transport by con-
vection were strong enough to generate sufficient fric-
tional dissipation to overcome angular momentum con-
servation in the upper troposphere, but tests of this idea
may depend on the details of model convective param-
eterizations. With warmer estimates of Eocene tropical
temperatures (e.g., Pearson et al. 2001), early ideas re-
garding high loads of carbon dioxide (e.g., Barron and
Washington 1985) and other greenhouse gases are
likely a central part of the problem. Enhanced mixing
in the upper tropical oceans by tropical cyclones
might have provided a cooling mechanism in the Trop-
ics (Korty et al. 2007).
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